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Abstract The stable chromium (Cr) isotope system is an emerging paleoredox proxy. Interpretation of
sedimentary and seawater δ53Cr (53Cr/52Cr relative to SRM 979) hinges on our understanding of the
isotopic fractionations during Cr sequestration from seawater to sediments. Seawater δ53Cr values reported
thus far are for total dissolved Cr. This study reports the δ53Cr of both dissolved Cr (III) and dissolved Cr
(VI) across the oxygen minimum zone in the eastern tropical North Paciﬁc off Manzanillo, Mexico.
Dissolved Cr (III) accounts for 48% to 54% total dissolved Cr in this region. There are no correlations between
O2 and Cr concentrations, or O2 concentrations and δ53Cr throughout the water column. The δ53Cr of Cr
(III) is lower than that of Cr (VI) by a relatively constant offset (0.42 ± 0.15‰, 1σ, n = 5) and is also
uncorrelated with dissolved O2 concentration. These observations provide part of the foundation for using
δ53Cr of the authigenic Cr in organic‐rich shales to reconstruct seawater δ53Cr. A survey of growing
literature Cr concentration and δ53Cr data suggests that the Cr isotope fractionation factor in the global
ocean is likely more complex than previously thought. More future species‐dependent Cr isotope studies
could shed new light on the biogeochemical processes controlling the oceanic Cr isotope fractionation.
Plain Language Summary The chromium isotope system is widely used to reconstruct the
Earth's oxygenation history. However, the behavior of the isotope system under low‐oxygen conditions in
the modern ocean is still poorly understood. It is well known that both oxidized and reduced Cr species
coexist in seawater, but all previous studies only measured total Cr isotope compositions. In this study, we
sampled seawater from the oxygen minimum zone (OMZ) in the eastern tropical north Paciﬁc region,
separated different Cr species, and measured their isotopic compositions. We found that the offsets in isotope
compositions between oxic and reduced Cr species are relatively small compared to intrinsic isotope
fractionations determined in laboratory experiments, and the offsets are not correlated with dissolved
oxygen concentrations. Our species‐speciﬁc Cr isotope data from the eastern Paciﬁc OMZ, and some
previous total Cr isotope data from eastern Atlantic OMZ, do not conform to a global isotope fractionation
factor. Therefore, more species‐speciﬁc Cr isotope data are needed to better understand Cr isotope behavior
in the ocean.
1. Introduction
The chromium (Cr) isotope system is an emerging paleoredox proxy that has been recently widely used to
reconstruct redox shifts in paleoceans (Albut et al., 2018; Canﬁeld et al., 2018; Cole et al., 2016; Crowe
et al., 2013; Frei et al., 2009; Gilleaudeau et al., 2016; Holmden et al., 2016; Huang et al., 2018; Planavsky
et al., 2014; Wang, Planavsky, Reinhard, et al., 2016; Wei et al., 2018). However, biogeochemical cycling
and isotope fractionation of Cr in the modern ocean is still poorly understood. Particularly, understanding
of the Cr redox transformations and associated isotope fractionations through oxygen minimum zones
(OMZs) is still in the nascent stage (Goring‐Harford et al., 2018; Moos, 2018; Moos & Boyle, 2018). Part of
the reason for variable previous observations is likely a lack of species‐speciﬁc Cr isotope data. This study
provides the ﬁrst attempt to investigate species‐speciﬁc Cr isotope fractionation through the OMZs in the
Eastern Tropical North Paciﬁc (ETNP) region.
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Chromium is a transition metal that occurs in the trivalent and hexavalent oxidation states in aquatic
environments (Richard & Bourg, 1991). At circum‐neutral pH, Cr is thermodynamically stable in the
soluble hexavalent state (e.g., CrO42− or Cr (VI)) under oxic conditions and in the insoluble trivalent
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state (e.g., Cr (OH)3 or Cr (III)) under anoxic conditions. Rivers are thought to be the major source of
dissolved Cr to the ocean (McClain & Maher, 2016), although groundwater ﬂuxes are poorly constrained.
Dissolved Cr in river water is primarily derived from the oxidation of insoluble Cr (III) in continental
rocks to soluble Cr (VI). This Cr (III) oxidation requires manganese oxides, which in turn requires
signiﬁcant levels of dissolved O2 (Eary & Rai, 1987). Dissolved Cr (III) has been observed in aquatic
systems, presumably due to complexation with dissolved organic matter (Buerge & Hug, 1998;
Elderﬁeld, 1970). The primary removal pathway of dissolved Cr from seawater is Cr (VI) reduction
and burial as Cr (III) in reducing sediments (Reinhard et al., 2013). Because of its redox‐dependent
solubility, Cr concentrations in sedimentary rocks have been used to reconstruct ﬂuctuating marine O2
levels through time (Reinhard et al., 2013).
Stable Cr isotope composition (δ53Cr, expressed in 53Cr/52Cr against the NIST SRM979 standard) is potentially a more robust redox proxy than Cr concentration. Oxidation of Cr (III) to Cr (VI) is believed to be
necessary for generating appreciable δ53Cr fractionation in natural samples, given that there is a narrow
range of δ53Cr values in igneous rocks (Bain & Bullen, 2005; Døssing et al., 2011; Ellis et al., 2002;
Kitchen et al., 2012; Schauble et al., 2004; Schoenberg et al., 2008; Wang et al., 2015). However, in contrast
to this traditional view, ligand‐promoted Cr (III) dissolution can induce large Cr isotope fractionations
(Babechuk et al., 2018; Saad et al., 2017). Despite the potential for nonredox‐dependent fractionations, the
majority of Archean and Proterozoic sediments have crustal δ53Cr, which is interpreted as evidence for
insufﬁcient atmospheric O2 for manganese oxides to mediate Cr (III) oxidation by O2 (Cole et al., 2016;
Frei et al., 2009; Planavsky et al., 2014; Qin & Wang, 2017; Wille et al., 2013). Based on this framework,
the δ53Cr composition of marine sedimentary rocks has been used to broadly track the evolution of atmospheric O2 (Albut et al., 2018; Cole et al., 2016; Crowe et al., 2013; Frei et al., 2009; Planavsky et al., 2014).
Early δ53Cr paleoredox studies focused on banded iron formations and ironstones (Crowe et al., 2013; Frei
et al., 2009; Planavsky et al., 2014). Unfortunately, these deposits are rare and discontinuous through geological
history (Bekker et al., 2010). Although carbonate is more geologically common, carbonate δ53Cr can be inﬂuenced by various biological effects because carbonate formation is typically biologically controlled (Farkaš
et al., 2018; Frei et al., 2018; Pereira et al., 2015; Wang, Planavsky, Hull, et al., 2016). Although experiments
have shown that abiogenic carbonate may faithfully record the δ53Cr of the coexisting solution (Rodler
et al., 2015), diagenetic alteration can easily alter primary geochemical trace element and isotopic signatures
in carbonate rocks (Hood et al., 2018). Therefore, interpreting carbonate δ53Cr requires great caution
(Gilleaudeau et al., 2016, 2018; Holmden et al., 2016; Pereira et al., 2015; Wang, Reinhard, Planavsky, et al.,
2016). Organic‐rich siliciclastic sedimentary rocks have much higher Cr concentrations, are more resistant
to diagenetic alteration, and can potentially ﬁll temporal gaps in the geologic record (Canﬁeld et al., 2018;
Cole et al., 2016; Planavsky et al., 2014; Wang, Planavsky, Reinhard, et al., 2016). However, since organic‐rich
siliciclastic sediments sequester Cr through reduction, large kinetic isotope fractionation can occur (Døssing
et al., 2011; Ellis et al., 2002; Kitchen et al., 2012) and needs to be constrained in natural marine settings.
Recent studies revealed spatial heterogeneity of total δ53Cr in global seawater (Bonnand et al., 2013; D'Arcy
et al., 2016; Economou‐Eliopoulos et al., 2016; Farkaš et al., 2018; Frei et al., 2014; Goring‐Harford et al.,
2018; Holmden et al., 2016; Moos & Boyle, 2018; Paulukat et al., 2015, 2016; Pereira et al., 2015;
Scheiderich et al., 2015). However, surprisingly, no appreciable anomaly in total dissolved Cr and total
δ53Cr has been found in low‐O2 waters (O2 > 13 μM) of the eastern subtropical Atlantic (Goring‐Harford
et al., 2018) and ETNP region (Moos & Boyle, 2018). Although some studies have suggested that kinetic isotopic fractionation during Cr reduction in seawater can be muted (Gueguen et al., 2016; Reinhard et al.,
2014), direct measurement of δ53Cr composition of Cr (VI) and Cr (III) in seawater is still lacking.
Quantifying the δ53Cr fractionation during reduction of Cr (VI) to Cr (III) in the ocean is key to using sedimentary δ53Cr to infer seawater δ53Cr for reconstructing changing ocean redox. This study investigated Cr
(III)‐Cr (VI) speciation and associated isotope effects across the ETNP OMZ.

2. Site Information
The ETNP contains the largest OMZ in the world (Cline & Richards, 1972; Karstensen et al., 2008; Richards,
1970; Wright et al., 2012). It is a part of an O2‐deﬁcient water layer (100–200‐ to 800–900‐m depth) covering
WANG ET AL.
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Figure 1. Station locations. The red dashed line in the inset demarcates the approximate border of the eastern tropical North Paciﬁc oxygen minimum zone at 200
dbar (Stramma et al., 2010). Depth of stations: station 2 = 3,400 m, station 4 = 3,300 m, and station 10 = 1,400 m.

the west coast of Central and South America from ~20°N to ~15°S (Karstensen et al., 2008). Surface water is
supplied by the cold California Current, upwelling of nutrient‐rich North Atlantic Deep Water, and the
warm eastward equatorial countercurrent (Fiedler & Talley, 2006). Intermediate water is supplied by low‐
salinity North Intermediate Water. Water leaves the ETNP through the westward north equatorial current.
Oxygen is depleted by upwelling‐related high productivity, thermal stratiﬁcation, and poor ventilation. The
threshold dissolved O2 concentration that deﬁnes the OMZ is debated (0.03 μM, Cline & Richards, 1972; 4.45
μM, Karstensen et al., 2008; 20 μM, Wright et al., 2012). However, the exact threshold is not critical in this
study. Instead, the term OMZ is simply used here to describe low‐O2 conditions.
Samples for δ53Cr analysis were taken from the 30–500‐m depth range (Figures 1 and 2) on R/V New Horizon
cruise NH‐1315 in June 2013 offshore Manzanillo, Mexico at station 2 (18.9°N, 108.8°W), station 4 (18.9°N,
106.3°W), and station 10 (18.8°N, 104.7°W; Glass et al., 2015). The dissolved O2 concentration drops sharply
to <4 μM at ~70 m at stations 4 and 10 and at ~120 m depth at station 2, due to vertical thinning of the OMZ
toward the west. Samples were taken from water depths characterized by contrasting physical (temperature
and density) and chemical (dissolved O2 and salinity) properties (Figure 2), in order to maximize the chances
of observing Cr isotope fractionation.

3. Analytical Methods
3.1. Overview of Procedures
Water samples were taken with a 30‐L GoFlo (General Oceanics) or 20‐L Niskin‐X bottles with external
Teﬂon‐coated springs (Ocean Test Equipment) on a plastic‐coated hydrowire from depths of 30–500 m.
Sampling bottles (GoFlo or Niskin‐X) were plumbed with trace metal clean C‐ﬂex tubing, and seawater
was ﬁltered through acid‐cleaned AcroPakTM 200 ﬁlters into acid‐cleaned LDPE bottles as described in
Glass et al. (2015) and following GEOTRACES protocols (Cutter et al., 2010).
As soon as the seawater samples were ﬁltered on the cruise ship, Cr (III) was extracted using precleaned
Chelex‐100 resin (Rue et al., 1997). The Chelex resin containing Cr (III) was then ﬁltered from seawater,
dried in a clean environment (plastic hood on the cruise ship under a HEPA ﬁlter), and stored in clean bottles for later processing. The remaining seawater containing Cr (VI) was frozen at −20°C for subsequent Cr
(VI) extraction in the lab using an iron coprecipitation method. Puriﬁed Cr was dissolved in 0.75 N HNO3
and measured for δ53Cr on a Neptune Plus MC‐ICP‐MS using double spike technique to correct mass bias
during sample preparation and instrument analysis, following protocols described in Wang, Planavsky,
Reinhard, et al. (2016).
WANG ET AL.

2501

Geochemistry, Geophysics, Geosystems

10.1029/2018GC007883

Figure 2. Density (red), salinity (black), temperature (blue), and dissolved oxygen (green) data at stations 2 (a), 4 (b) and
10 (c). Points on curves denote sampling depths. Data available in the supporting information.

3.2. Using Chelex‐100 Resin to Extract Cr (III)
The Chelex® 100 resin (50–100 mesh) was obtained from Sigma Aldrich (Cat.# C7901‐50g). Our batch of
resin had ~25 ± 3 ng (2SD, n = 3) Cr and needed cleaning to reduce the blank. Cleaning with 7.5 N
HNO3 and Milli‐Q water reduced blank to 0.25 ng. The cleaned resin slush (equivalent to 3 g of dry resin)
suspended in pure water was mixed with 2 L ﬁltered seawater at natural seawater pH for 6–12 hr in precleaned polyethylene terephthalate glycol bottles (agitated gently at room temperature). The Chelex resin
containing Cr (III) was then ﬁltered, dried, and brought back to the lab and treated with 7.5 N HNO3 overnight at 130 °C to release Cr.
The pH of the sample greatly inﬂuences the yield of Cr (III) and cross contamination from Cr (VI). To test
Cr yields and potential isotope fractionation during Chelex‐100 extraction, we doped artiﬁcial seawater
(composition following Nordstrom et al., 1979) with SRM979 standards in the form of Cr (III) and Cr
(VI). The Cr blank of the artiﬁcial seawater used was ~1.1 ng. The pH was adjusted to 4, 6, and 8 with
HCl and NH4OH after adding the Cr standard and mixed with Chelex‐100 resin. The results (Table 1)
show that at pH 4, the yields for both Cr (III) and Cr (VI) are 100%. As pH increases to 6 and 8, the yields
for both Cr (III) and Cr (VI) decrease, with Cr (VI) decreasing faster. For example, at pH 8, Chelex‐100
resin extracted ~80% of Cr (III) from seawater while taking only 8% Cr (VI). The incomplete recovery
of Cr (III) at pH 8 does not fractionate Cr (III) isotopes (Table 1), whereas the extracted 8% Cr (VI) is fractionated (0.9‰; Table 1). The error introduced by cross contamination is similar to the analytical error
(supporting information). Therefore, we chose to extract Cr (III) at natural seawater pH to achieve a sufﬁciently high Cr (III) yield while keeping Cr (VI) contamination low. This pH choice is consistent with a
previous study (Rue et al., 1997), although Rue et al. reported >95% recovery of Cr (III) at natural seawater pH. We report uncorrected δ53Cr values for discussion in the remainder of this paper for two reasons: (1) The isotope fractionation factor of Cr (VI) during Chelex‐100 extraction has a large uncertainty
and probably varies between real seawater and artiﬁcial seawater, and (2) the correction is close to the
analytical precision.

WANG ET AL.
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Table 1
53
Chromium Concentration and δ Cr Results for Validating Methods Employed in This Study
Test sample name

Purpose of test

New Chelex‐100 (3 g)
Cleaned Chelex‐100 (3 g)
Artiﬁcial seawater (ASW)
Acid‐cleaned AcraPak ﬁlter
pH = 4
SRM979 Cr (III)
SRM979 Cr (VI)
pH = 6
SRM979 Cr (III)
SRM979 Cr (VI)
pH = 8
SRM979 Cr (III)
SRM979 Cr (VI)
OSIL seawater
SRM 3112a

Blank Cr
Blank Cr
Blank Cr
Blank Cr
Cr (III) yield
Cr (VI) yield
Cr (III) yield
Cr (VI) yield
Cr (III) yield
Cr (VI) yield
Test accuracy
Test reproducibility

Cr concentration, mass, and yield
25 ± 3 ng (n = 3)
0.25 ng (n = 1)
1.1 ng
0.23 ± 0.09 ng (n = 4)
100%
100%
99 ± 1%
45 ± 3%
80 ± 3%
8 ± 2%
147.8 ng/kg

53

δ Cr
0.1 ± 0.2‰

0.02 ± 0.04‰
−0.02 ± 0.04‰
0.04 ± 0.05‰
0.43‰ ± 0.05‰
0.03 ± 0.06‰
0.90 ± 0.25‰
0.86 ± 0.09‰
−0.05 ± 0.07‰

We also note that Chelex‐100 resin is not suitable for reuse for two reasons: (1) the strong acid and high temperature required to release Cr from the resin compromise the integrity of the resin, leading to low future
yields; (2) if a lower temperature is chosen to release Cr from the resin, potential signiﬁcant relict Cr can
remain on the resin, leading to contamination of the next‐round samples.
3.3. Iron Coprecipitation Method
Chromium (VI) was extracted from the remaining seawater by coprecipitation with Fe (OH)2 (Bonnand
et al., 2013; Cranston & Murray, 1978; Scheiderich et al., 2015). The Fe (OH)2 was derived from ammonium
Fe (II) sulfate hexahydrate (99.997% trace metals basis, Sigma Aldrich, Cat. #203505‐25G). The pH of the seawater was adjusted to 9–10 with SeaStar ammonium hydroxide, then ammonium Fe (II) solution was added
to the sample to form Fe (OH)2. The suspension was placed on a shaker for 2 hr and then allowed to stand
overnight to allow the precipitate to settle down to the bottom of the bottle. The majority of the clear solution
was siphoned off, leaving only ~50 ml at the bottom of the bottles. The 50‐ml remaining suspension was then
centrifuged at 4,000 rpm for 4 min. The solid material after centrifugation was dissolved in 6 N HCl.
3.4. Addition of Cr Double Spike
A 50Cr‐54Cr double spike technique was used to correct for potential isotope fractionation during sample preparation and mass bias during instrument measurement. Adding the proper amount of double spike
requires knowledge of Cr concentrations in samples. Trace element concentrations in the Fe extract and
Chelex resin extract were measured on a Thermo Finnigan Element XR ICP‐MS, with typical precisions better than 5% on Cr. Ideally, the double spike should be added to samples prior to any sample preparation procedures. In this project, for Cr (VI) we were able to add double spike right before the Fe coprecipitation
procedure. Chromium (VI) concentration was estimated by processing 50‐mL seawater samples using the
same coprecipitation method described above. However, for Cr (III) we were only able to add double spike
after the Chelex extraction, because of limited logistics on the cruise ship. However, this approach does not
inﬂuence the isotopic determination for Cr (III), as discussed above.
Based on measured Cr concentrations, the proper amount of the double spike was added as Cr (III) to the
Chelex resin extract and as Cr (VI) to seawater samples to achieve 54Crspike/52Crsample of ~0.5 and equilibrated with sample Cr overnight before conducting coprecipitation and ion exchange chromatography.
Sample‐spike equilibration during reduction and coprecipitation has been demonstrated previously
(Scheiderich et al., 2015). Iron was ﬁrst removed from the Fe extract with AG® 1‐X8 (100–200 mesh) anion
exchange resin (Wang, Planavsky, Reinhard, et al., 2016). Chromium was further puriﬁed from Chelex® 100
extracts and AG® 1‐X8 cuts with AG® 50W‐X8 (200–400 mesh) cation exchange resin, following procedures
described in Bonnand et al. (2013).
3.5. Procedural Blank, Accuracy, and Precision
Due to the low concentration of Cr in seawater, the blank of the analytical procedure must be very low. Ion
exchange chemistries contributed <2 ng Cr blank. Acid‐cleaned Chelex resin (7.5 N HNO3) contributed 0.25 ng
WANG ET AL.
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Table 2
53
Chromium Concentration and δ Cr Data for Cr (VI) and Cr (III) From Eastern Tropical North Paciﬁc Oxygen Minimum Zone Offshore Manzanillo, Mexico
53

Depth Salinity Dissolved O2

Cr (VI)
53

m

PSU

μM

30
80
125
300
500
30
100
300
500
30
125
300

34.62
34.48
34.71
34.66
34.54
34.68
34.76
34.69
34.56
34.58
34.80
34.71

216.1
73.74
3.34
0.11
0.10
201.30
0
0
0
188.10
1.19
2.02

Station
2 (3,400 m)

4 (3,300 m)

10 (1,400 m)

Cr (VI) δ Cr(VI)
(nM)
(‰)

Cr (III)
2 s.e. Cr (III)
(‰) (nM)

2.50
2.38
2.37
2.58
3.00
2.62
2.31
2.62
2.92
2.40

1.16
1.54
1.67
1.57
1.55
1.65
1.85
1.67
1.58
1.73

0.03
0.04
0.04
0.04
0.03
0.03
0.04
0.04
0.03
0.04

2.62

1.47

0.03

53

δ Cr(III)
(‰)

2 s.e.
(‰)

δ Cr(VI)‐δ
53
Cr(III)

Total
53
δ Cr

Total
Cr

Nitrate

Phosphate

‰

‰

nM

μM

μM

0.05
18.17
17.40
23.17
33.28
18.86

0.40
2.94
2.14
2.76
3.21
0.37
2.45

33.20

3.11

2.46
2.75
2.63

1.23
1.22
1.27

0.03
0.03
0.03

0.42
0.63
0.40

1.45
1.51
1.47

5.08
5.06
5.25

2.19
2.88
2.65

1.30
1.20
1.25

0.03
0.03
0.03

0.43

1.52

4.59

0.22

1.36

5.27

53

Note. Total δ Cr is calculated based on isotope mass balance.

to the Cr blank. Acid cleaning of the AcroPak ﬁlter effectively reduced the Cr blank to 0.23 ± 0.09 ng (1σ, n = 4).
The total Cr blank was <3 ng, or <5% of sample Cr (~100 ng), and thus a blank correction was not performed.
To assess accuracy of our methods, OSIL seawater standard was processed through the Fe coprecipitation
method and yielded the same value (0.86 ± 0.09‰ δ53Cr and 147.8 ng/kg Cr, n = 3) as other studies
(0.96 ± 0.06‰ and 157 ng/kg in Scheiderich et al., 2015; 0.97 ± 0.10‰ and 161.2 ng/kg in Goring‐
Harford et al., 2018). Chromium (III) extraction from the OSIL seawater was not attempted because of
its long storage time at room temperature, which may have changed the Cr speciation. Reproducibility
of δ53Cr measurement was 0.07‰ based on repeated processing and analysis of a commonly used Cr concentration standard NIST SRM 3112a (−0.05 ± 0.07‰, 2SD, n = 11), which is consistent with previous
measurements (Schoenberg et al., 2008), but the 0.09‰ reproducibility based on OSIL seawater was used
in this paper.

4. Results
Dissolved Cr (VI) and Cr (III) concentrations are nearly equal, in the range of 2.3 to 3.0 nM (Table 2;
Figures 3a–3c). At station 4, where we have both Cr (III) and Cr (VI) concentration data for the same water
depths, there is a slight decrease in Cr (VI) (9%) and slight increase in Cr (III) (12%) as O2 decreases in the
upper 100 m of the water column (Table 2; Figure 3b). Below 100 m, however, Cr (VI) increases, despite
strong depletion in dissolved O2. At stations 2 and 4, where we had sufﬁcient sampling depths to resolve
δ53Cr(VI) changes, δ53Cr(VI) showed the opposite trend as Cr (VI) concentrations (Figures 3d and 3e). At
station 2, δ53Cr(VI) increases from ~1.2‰ at 30 m to ~1.6‰ after 100 m (Table 2; Figure 3d). At station 4,
δ53Cr(VI) remained relatively stable at ~1.6‰ from 30 m down to 500 m except at depth 100 m where the
δ53Cr(VI) is 1.85‰; δ53Cr(III) remains relatively stable (1.22–1.27‰) from 30 to 300 m, despite large changes
in dissolved O2 (Table 2; Figure 3e). The δ53Cr offset between Cr (VI) and Cr (III) at station 4 ranges from
0.40‰ to 0.63‰, with the largest offset at 100 m where O2 drops sharply (Table 2). Limited data at station
10 suggest that, similar to station 4, δ53Cr(VI) has a relatively high value (1.73‰) at 30 m and decreases to
a relatively low value (1.47‰) at 300 m (Table 2; Figure 3f); in contrast, δ53Cr(III) stays relatively stable
(1.20–1.30‰) in the same depth range. The δ53Cr offset between Cr (VI) and Cr (III) at station 10 is
0.43‰ at 30 m (same as station 4) and 0.22‰ at 300 m (smaller than station 4; Table 2). δ53Cr(VI) at 30 m
varies among three stations, whereas δ53Cr(VI) in deeper water, as well as δ53Cr(III) throughout the water
column, are homogeneous among the stations.
WANG ET AL.
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Figure 3. (a, b, c) Dissolved concentrations of Cr (III) (blue rhomboids), Cr (VI) (red circles), and O2 (blue line) plotted as
53
53
a function of depth for stations 2, 4, and 10. (d, e, f) δ Cr(III) (blue rhomboids), δ Cr(VI) (red circles), and dissolved O2
(blue line) plotted as a function of depth for stations 2, 4, and 10. Error bars are smaller than symbols.

5. Discussion
5.1. Cr cycling in the ocean
The fate of Cr (VI) within OMZs is not well understood (Goring‐Harford et al., 2018; Moos & Boyle, 2018;
Murray et al., 1983; Rue et al., 1997). Previous Cr concentration measurements in low‐O2 seawater have
reported that up to 50% of reduced Cr (VI) is accounted for by dissolved Cr (III), while the rest is incorporated
into particulate matter (Cranston & Murray, 1978; Murray et al., 1983; Rue et al., 1997). In contrast, recent
studies in the eastern Atlantic and eastern Paciﬁc OMZs found no signiﬁcant drawdown of total dissolved Cr
(Cr (III) + Cr (VI)) when dissolved O2 is higher than 13 μM (Goring‐Harford et al., 2018; Moos & Boyle,
2018), suggesting either (1) Cr (VI) reduction is not favorable at such O2 concentrations or (2) Cr (VI) is
reduced to Cr (III) but Cr (III) is not scavenged. The high dissolved Cr (III) shown by our data appears to
support the second scenario, and the Cr (III) produced is likely complexed by dissolved organic matter
(e.g., Nakayama et al., 1981; Saad et al., 2017). Indeed, Glass et al. (2015) reported that dissolved organic
ligands with strong conditional stability constants are present at excess at the same stations as those investigated in this study.
WANG ET AL.
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Murray et al. (1983) and Rue et al. (1997) studied the same general ETNP
region as our study, yet their reported dissolved Cr (III) concentrations
(up to 0.7 nM) are much lower than our values (2.2–2.9 nM). Such discrepancies could be explained by seasonal variability of dissolved Cr (III).
Rue et al. (1997) stations were sampled in November 1981 and 1982,
Murray et al. (1983) stations in February 1978, and our stations were
sampled in June 2013. Indeed, Connelly et al. (2006) reported that in the
Sargasso Sea region of the North Atlantic ocean, dissolved Cr (III) in
March (>4 nM) is much higher than other months (June, September,
November, and January), likely related to productivity. Excess dissolved
organic matter was observed by Glass et al. (2015), which could have
allowed more Cr (III) to stay dissolved.
Chromium (VI) reduction has been suggested to be biologically mediated
(Achterberg & van den Berg, 1997; Connelly et al., 2006). The impact of
biological processes on Cr (VI) reduction can be informed by comparing
Cr (VI) and nutrients (nitrate and phosphate). Nitrate can be used both
as an N source and as an energy source, whereas Cr (VI) is only for energy
source, and phosphate is only used as a P source. Nitrate at stations 2, 4,
and 6 remained relatively high (18 to 33 μM, increasing downward;
Glass et al., 2015; Figure 4), except at 30‐m depth, where nitrate and phosphate were depleted due to biological uptake in the photic zone.
Excluding the 30‐m sample, there appears to be a positive correlation
between nitrate‐Cr (VI) and phosphate‐Cr (VI) concentrations
(Figures 5a and 5b). There are two possible interpretations for the positive
correlation between nitrate and Cr (VI). First, nitrate may compete with
Cr (VI) as the terminal electron acceptor during anaerobic respiration
(Komori et al., 1989), given that the redox potential of the CrO42−‐Cr
Figure 4. Phosphate (red triangles), nitrate (blue circles), and dissolved O2
(OH)3 pair (−0.12 V) is very close to that of the NO3−‐NO2− pair (0.01
(grey squares) depth proﬁles for station 2. Similar proﬁles were observed
V; Bratsch, 1989; Fanning, 2000). In other words, when nitrate is high,
at stations 4 and 10. Data from Glass et al. (2015).
nitrate may serve as the predominant electron acceptor, thus preventing
Cr (VI) reduction. Nitrate reduction is indicated by detected nitrite peaks
at ~250 m for station 2, ~300 m for station 4, and ~100 m for station 10 (Glass et al., 2015). Although Cr (VI)
reduction still occurs in the presence of nitrate (Chovanec et al., 2012; Vatsouria et al., 2005), nitrate can slow
down Cr (VI) reduction (Komori et al., 1989). Second, low nitrate indicates high biological productivity and
high dissolved organic matter that can serve as the electron donor for Cr (VI) reduction (Kitchen et al., 2012),
thereby drawing down Cr (VI) concentration. The positive correlation between phosphate and Cr (VI) seems
to support the second interpretation discussed above.
The photic zone sample at 30 m is a clear exception to the trends described above. The high Cr (VI) in
the photic zone could be due to the abundant O2, which may have protected Cr (VI) from being
reduced. However, there is no obvious correlation between Cr (VI) or Cr (III) and dissolved O2 when
all samples are considered (Figures 5c and 5d), suggesting that dissolved O2 do not have a straightforward control on Cr reduction. In summary, we suggest that Cr (VI) reduction is affected by several
factors—availability of dissolved O2 and other competing electron acceptors (e.g., nitrate), as well as
biological productivity.
As dissolved O2 continues to decrease below 125 m, Cr (VI) concentration increases. This phenomenon,
which has also been observed previously, is likely caused by diffusion of Cr (VI) from deep oxic water
(Cranston & Murray, 1978; Murray et al., 1983; Rue et al., 1997). However, there is no clear relationship
between Cr (VI) and dissolved O2 (Figure 5c). Similarly, limited data do not show a clear relationship
between dissolved Cr (III) and dissolved O2 (Figure 5d). The lack of simple correlation between seawater
Cr (VI) and dissolved O2 implies that Cr concentration in sediments may not be a simple function of dissolved O2—whether sediments were deposited on the periphery or core of OMZs will also play a strong role
in controlling sediment Cr enrichments.
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Figure 5. Relationships between Cr concentration, δ Cr, dissolved O2, nitrate, and phosphate for the three stations (station 2 = blue circles, station 4 = orange squares, station 10 = gray triangles).
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The fact that signiﬁcant Cr (VI) can exist in O2‐depleted water (this study;
Rue et al., 1997), or even H2S‐containing water (Cranston & Murray,
1978), suggests that Cr (VI) reduction kinetics in natural reducing marine
environments may not be as fast as previously suggested (Reinhard et al.,
2014). Therefore, the matching δ53Cr between organic‐rich shale and
Atlantic seawater (Reinhard et al., 2014) may not be a result of quantitative reduction of Cr (VI), but rather a result of small isotope offset between
Cr (VI) and Cr (III).
5.2. Relations Between O2, Cr Concentration, and δ53Cr
The δ53Cr of Cr (VI) remaining in solution is expected to increase as Cr
(VI) is progressively reduced to Cr (III) due to kinetic isotope fractionations during reduction (Døssing et al., 2011; Ellis et al., 2002; Kitchen
et al., 2012). However, our data (Figures 5e and 5f; O2 < 4 μM) and data
Figure 6. A map showing locations where Cr isotope data (total Cr) are
in Goring‐Harford et al. (2018; O2 > 44 μM) do not show negative correla53
available. The color bar represents the δ Cr value of surface seawater
tions
between dissolved Cr concentration and δ53Cr, in sharp contrast to
(≤100 m). Literature data sources: Bonnand et al. (2013), Frei et al. (2014),
Paulukat et al. (2015), Pereira et al. (2015), Scheiderich et al. (2015), D'Arcy oxic open seawater data (Paulukat et al., 2016; Scheiderich et al., 2015)
et al. (2016), Economou‐Eliopoulos et al. (2016), Holmden et al. (2016),
and low‐O2 seawater ([O2] > 13 μM) data at the SAFe station (Moos &
Paulukat et al. (2016), Goring‐Harford et al. (2018), Moos (2018), and Moos Boyle, 2018), which is ~3,860 miles to the northwest of our stations.
and Boyle (2018).
Because of the nonconclusive relationships between Cr concentration
and O2, and between δ53Cr and Cr concentrations, the relationship
53
between δ Cr and dissolved O2 remains elusive (Figures 5g and 5h).
Although seawater Cr concentrations have been measured since 1970s, seawater δ53Cr data sets have been unavailable until a few years ago, and most of the data measured so far are for oxic seawaters. These samples come
mostly from the North Atlantic Ocean, the northeast Paciﬁc Ocean, and the Arctic Ocean, with small number
of samples from other ocean basins (Figure 6). Examination of existing Cr concentration and isotope data that
have accompanied dissolved O2 data reveals lack of correlation between Cr and O2 and between δ53Cr and O2,
under either oxic (O2 ≥ 4 μM) or suboxic (O2 < 4 μM) conditions (Figures 7 and 8). The Cr concentration between
oxic and suboxic seawater is also indistinguishable (Figure 7g). In contrast, there appears to be distinctive differences between suboxic and oxic species‐speciﬁc δ53Cr values (Figure 8h). For instance, suboxic δ53Cr(VI) and suboxic δ53Cr(total Cr) are higher than oxic δ53Cr (total Cr) and oxic δ53Cr(III). However, this is only based on the
limited number of species‐speciﬁc δ53Cr data so far. More future species‐speciﬁc measurements are needed to better constrain the Cr isotope systematics in marine environments.
5.3. Chromium Isotope Fractionation Factor in the Global Ocean
Scheiderich et al. (2015) ﬁrst reported a linear correlation between δ53Cr and natural logarithm of Cr and
used it to extract a Rayleigh‐type kinetic isotope fractionation factor of −0.8‰ for Cr cycling in the global
ocean. Some newer data, such as those from the Baltic Sea, clearly deviate from the trend described in
Scheiderich et al. (2015), which has been attributed to freshwater inﬂuences (Paulukat et al., 2016).
However, after excluding shallow seawater samples, deep water δ53Cr data from Eastern Atlantic and
Arctic also deviate from the trend (Figures 9b–9d), providing impetuses for further evaluation of the global
Cr isotope fractionation factor.
Of special interest is whether OMZ δ53Cr data conform to the linear trend observed in Scheiderich et al.
(2015). A compilation of OMZ data (colored symbols in Figure 9) shows a more complex relationship
between Cr concentration and δ53Cr. Total Cr isotope data from ETNP suboxic seawater proﬁles (Moos,
2018; Moos & Boyle, 2018) are consistent with the Rayleigh‐type line observed in Scheiderich et al. (2015).
However, total seawater δ53Cr data from the eastern Atlantic OMZ by Goring‐Harford et al. (2018), and
species‐speciﬁc δ53Cr data from ETNP reported by this study, only partially fall on the linear trend. Total seawater δ53Cr values from the eastern subtropical Atlantic OMZ appear to cluster in two groups: group 1 plots
on the Rayleigh‐type line, whereas group 2 plots above the line (Figure 8; Goring‐Harford et al., 2018). Our
species‐dependent data overlap well with the eastern subtropical Atlantic OMZ data in Goring‐Harford et al.
(2018). Furthermore, our Cr (VI) data plot in the same region above the Rayleigh‐type line as group 1 in
Goring‐Harford et al. (2018), whereas our Cr (III) data fall in the same region on the line as group 2 in
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Figure 7. Depth proﬁles for δ Cr (blue) and dissolved oxygen (green curves). The map shows station locations where
53
depth proﬁle δ Cr data are available. Literature data sources: Bonnand et al. (2013), Scheiderich et al. (2015), Goring‐
Harford et al. (2018), Moos (2018), Moos and Boyle (2018), and Sun et al. (2019). ConRiverEst = the Connecticut River
53
estuary, III = Cr (III), VI = Cr (VI), tot = total Cr. Notice the different δ Cr scale for station HLY1502‐61 (fourth graph on
the ﬁrst row).
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Figure 8. Correlations between Cr concentration and dissolved O2 concentration (a, c, e) and between δ Cr and dissolved O2 concentration (b, d, f) under oxic
53
(ox: O2 ≥4 μM) and suboxic (subox: O2 ≥4 μM) conditions. Literature data sources for Cr concentration (1,075 data points) and δ Cr (92 data points) that
have accompanied dissolved O2 data (Cranston, 1983; Emerson et al., 1979; Goring‐Harford et al., 2018; Jeandel & Minster, 1987; Moos, 2018; Moos & Boyle, 2018;
Rue et al., 1997; Scheiderich et al., 2015). In Figure 8h, the left y axis is for oxic‐total, whereas the right y axis is for all other data.

Goring‐Harford (2018). However, the calculated total dissolved Cr data for our samples plot above the
previously proposed linear trend (Figure 9).
Moos and Boyle (2018), Moos (2018), and this study reported Cr isotope data from the ETNP region but
obtained somewhat different results. At station SAFe, which lies ~2,400 miles northwest of our stations, total
Cr concentration reported in Moos and Boyle (2018) is consistent with our species‐speciﬁc data. However,
the total δ53Cr data reported in Moos and Boyle (2018) ranges from 0.8‰ to 1.1‰, which is lower than
our calculated total dissolved Cr values (Table 2). Given more than a 2,400‐mile distance between these locations, such difference in δ53Cr may be explained by the highly heterogeneous distribution of Cr isotopes in
the modern ocean. In addition, Moos (2018) reported Cr concentration (2.27–3.21 nM) and δ53Cr (0.99–
1.19‰) at the same station 2 and another station near our station 10 (station 7T in Moos, 2018), which
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Figure 9. Cross plot of logarithmic Cr concentration (nM) and δ Cr data from this study and previous work. Shallow
samples are screened using different depths (100 m for B, 500 m for C, and 1,000 m for D) in order to exclude samples
potentially inﬂuenced by fresh water (river input in coastal areas and atmospheric rain precipitation in pelagic areas).
Colored symbols are for oxygen minimum zone (OMZ) samples (this study; Goring‐Harford et al., 2018; Moos & Boyle,
2018; Moos, 2018). Gray symbols represent literature data for oxic seawater (Bonnand et al., 2013; D'Arcy et al., 2016;
Farkaš et al., 2018; Holmden et al., 2016; Paulukat et al., 2016; Pereira et al., 2015; Scheiderich et al., 2015; Sun et al., 2019).
53
δ Cr(tot) for this study was calculated based on isotope mass balance of Cr (III) and Cr (VI) data. ETNeastern tropical
North Paciﬁc oxygen minimum zone.

are both lower than our values (2.37–2.58 nM Cr (VI) at station 2 and 4.6–5.27 nM total dissolved Cr at
station 10). Moos (2018) samples and our samples were collected 1 year apart (June 2013 for our samples
and May 2014 for Moos, 2018). Their samples were stored in plastic bottles at pH 2 for >2 years, while our
samples were treated with Chelex‐100 resin aboard the ship. The lower δ53Cr by Moos (2018) than ours is
expected because their samples were unﬁltered. Sampling time difference and long‐term storage may
explain the difference in Cr concentrations between these studies.
The observation that our measured δ53Cr for “reduced” dissolved Cr (III), but not Cr (VI), agrees with
measurements of total δ53Cr from more oxic waters appears to be counterintuitive. However, seawater
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δ53Cr values reported previously were not species‐speciﬁc. Reduction of Cr (VI) will likely lead to isotopically heavy Cr (VI) and light Cr (III). Therefore, these points plotting above the linear trend (including
this study and Goring‐Harford et al., 2018) perhaps have Cr (VI) dominating the dissolved Cr pool. The
fact that dissolved Cr (III) was not isotopically lighter than previous results, but instead plotted right
on the linear trend, can be explained by Cr (III) dominating dissolved Cr. Given that amounting deep seawater δ53Cr and Cr concentration data have deviated the originally proposed Rayleigh‐type linear trend
(Figure 9), we suggest that species‐dependent Cr isotope data are needed in future studies to better identify whether there is one or multiple globally applicable Cr stable isotope fractionation factors in the
ocean and what mechanisms induce these isotope fractionations. Total Cr isotope data are insufﬁcient
for this purpose, because varying proportions of dissolved Cr (III) and Cr (VI) can coexist under different
oceanographic conditions, leading to varying total dissolved δ53Cr values that may or may not plot on the
Rayleigh‐type straight line.
5.4. Implications for δ53Cr as a Paleoredox Proxy
Interestingly, δ53Cr(III) remained uniform at different O2 concentrations and is generally lower than
that of δ53Cr(VI) by 0.22–0.63‰ (Table 2). Furthermore, the offset is uncorrelated with dissolved O2.
This observation has key implications for using the δ53Cr of organic‐rich siliciclastic sediments. Since
Cr (III) is eventually scavenged by sinking particles and buried, the δ53Cr of the authigenic component
in organic‐rich sedimentary rocks may underestimate the concurrent seawater δ53Cr. However, since the
δ53Cr offset between Cr (VI) and Cr (III) is relatively constant despite varying O2 concentration, the
authigenic δ53Cr in “suboxic” organic‐rich shales can potentially be used to broadly track seawater
δ53Cr evolution regardless of local dissolved O2 concentrations. Future species‐speciﬁc Cr isotope studies
at other OMZ locations are needed to conﬁrm this O2‐independent isotope offset between Cr (III) and
Cr (VI).

6. Conclusions
We separated Cr (III) and Cr (VI) from seawater samples from the ETNP OMZ and measured their isotopic
compositions. Dissolved Cr (III) account for 45–54% of total dissolved Cr (VI). The offset between δ53Cr(VI)
and δ53Cr(III) varies between 0.2‰ and 0.6‰ and is uncorrelated to dissolved O2 concentrations. This observation, if conﬁrmed by further species‐speciﬁc studies, provides part of the foundation for using δ53Cr of the
authigenic Cr in organic‐rich shales to reconstruct seawater δ53Cr. δ53Cr(III) data from the ETNP OMZ plot
on the δ53Cr‐Cr trend deﬁned by previous total δ53Cr from oxic open seawater, but δ53Cr(VI) from the ETNP
OMZ plot above the trend. This contrasting behavior between Cr (III) and Cr (VI) warrants collection of
more species‐speciﬁc Cr isotope data to better understand Cr cycling and associated isotopic fractionation
factors in the global ocean.
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