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Abstract

Stable thallium (Tl) isotope data from organic-rich siliciclastic sedimentary rocks have the potential to track ocean redox
state on a broad scale. Here, we report new Tl isotope data from the Mesoproterozoic Velkerri Formation (Roper Group)
and the Paleoproterozoic Wollogorang Formation (Tawallah Group), McArthur Basin, Northern Territory, Australia, and
interpret these in the context of rhenium-osmium (Re-Os) geochronometry on the same sample suite. Previous work has shown
that marine black shales from the Velkerri Formation provide evidence for closed-system Re-Os systematics, yielding a precise
isochron with an age of 1361 ± 21 Ma that agrees well with independent age constraints for the unit. The isotopic composition
of authigenic Tl in euxinic black shales from the upper Velkerri Formation (e205Tl = �2.4 ± 0.8, 2SD) indicates that the Tl
isotope composition of local seawater at 1.36 Ga was within a plausible range for Tl inputs to the ocean. Isotope mass-
balance modeling of the Tl isotope system within a Monte Carlo framework suggests that the Tl isotopic composition of sea-
water at 1.36 Ga was homogenous on a global scale and that the burial of Mn-oxides exerted minimal isotopic leverage on the
Tl isotope composition of seawater at 1.36 Ga. Taken together with existing Mo, Cr, and U isotope data from the same sam-
ples, these observations are consistent with a low-O2 ocean-atmosphere system during this period of the Mesoproterozoic.

Previous work has shown that the Re-Os systematics of black shales from the older (1.73 Ga) Wollogorang Formation are
scattered and yield an erroneously young isochron age of 1359 ± 150 Ma, which has been attributed to post-depositional
hydrothermal alteration at �1640 Ma. We observe no systematic relationship between stable Tl isotope compositions and
the extent of alteration as gauged by open-system Re-Os behavior (�4.7 ± 1.4 for the upper Wollogorang Formation and
�4.8 ± 0.4 for the lower Wollogorang Formation), in marked contrast to previous observations for the molybdenum (Mo)
and uranium (U) isotope systems. The invariant signature of the Tl isotope data suggests the Tl isotope system was largely
unperturbed during hydrothermal alteration. However, it remains difficult to definitively rule out the possibility that authigenic
Tl isotope signatures have been overprinted by later localized hydrothermal fluid alteration in the Wollogorang Formation
shales. These observations highlight the potential insights afforded by evaluating open-system behavior via radiogenic isotope
systems together with other stable isotope tracers in efforts to reconstruct the redox landscape of Earth’s oceans over time.
� 2021 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

Research over recent decades has dramatically expanded
our knowledge of the evolutionary history of Earth’s sur-
face O2 levels (Lyons et al., 2014). However, the redox state
of the ocean interior during the Mesoproterozoic (�1.6–
1.0 Ga) remains vigorously debated. The conventional view
of mid-Proterozoic ocean chemistry, based on iron specia-
tion and redox-sensitive metal enrichment data, is that it
was marked by predominantly anoxic and Fe2+-rich (fer-
ruginous) conditions, with the potential for large spatiotem-
poral redox heterogeneity in the surface oceans and with
H2S-rich (euxinic) waters sporadically occurring at shallow
depths along continental shelf environments (Scott et al.,
2008; Planavsky et al., 2011; Poulton and Canfield, 2011;
Boyle et al., 2013; Partin et al., 2013; Reinhard et al.,
2013, 2016; Sperling et al., 2014, 2015; Gilleaudeau and
Kah, 2015; Gilleaudeau et al., 2016, 2020). Pervasively
reducing conditions in the Mesoproterozoic ocean interior
are also supported by the Fe redox chemistry of extrusive
subaqueous volcanic rocks (Stolper and Keller, 2018), and
are consistent with evidence from a range of redox proxies
for relatively low atmospheric and surface ocean O2 levels.
In particular, stable chromium (Cr) isotopes, cerium (Ce)
anomalies, carbon isotopes, and Zn/Fe ratios suggest
Mesoproterozoic atmospheric O2 levels at or below �1%
of the present atmospheric level (PAL) (Planavsky et al.,
2014; Cole et al., 2016; Liu et al., 2016; Tang et al.,
2016a; Daines et al., 2017; Bellefroid et al., 2018). A reduc-
ing, Fe-rich ocean interior and relatively low ocean-
atmosphere O2 levels are mechanistically linked, and poten-
tially reinforce one another through impacts on marine
nutrient abundance (Laakso and Schrag, 2014; Derry,
2015; Reinhard et al., 2017; Ozaki et al., 2018; Guilbaud
et al., 2020).

However, several studies suggest that the redox state of
the ocean interior during the early Mesoproterozoic
(�1.4 Ga) may have been more dynamic in time and space.
For example, iron speciation data from the Kaltasy Forma-
tion, Russia indicate the possibility of oxic deep waters in
some regions at �1.4 Ga (Sperling et al., 2014), while
Zhang et al. (2016) proposed that atmospheric O2 levels
exceeded �4% PAL at 1.4 Ga based on the redox-
sensitive metal data of the Xiamaling Formation (though
this interpretation has been contested; Planavsky et al.,
2016). Highly fractionated Cr isotopes in 1.4 Ga shales of
the Shennongjia Group (Canfield et al., 2018) and I/
(Ca + Mg) ratios observed in Xiamaling carbonates (Liu
et al., 2020) are also consistent with atmospheric O2 above
�1% PAL for intervals of mid-Proterozoic time. The trace-
element composition of volcanogenic massive sulfide
(VMS) deposits also indicates weakly oxygenated (‘‘subox-
ic”) conditions for at least some periods of mid-Proterozoic
time (Slack et al., 2007), consistent with U isotope data and
co-occurring elevated Mo, U, and Re enrichments (Kendall
et al., 2009; Cox et al., 2016; Yang et al., 2017; Sheen et al.,
2018), although the positive shift of d238U may not neces-
sarily imply a shrink in anoxic seafloor coverage (see Cole
et al., 2020). In any case, further constraints on the redox
state of the ocean interior are critical for refining our under-
standing of ocean–atmosphere oxygenation during the
Mesoproterozoic.

Recently, the stable thallium (Tl) isotope system has
emerged as a paleoredox proxy for the deep ocean due to
its sensitivity to the burial of manganese (Mn)-oxide mineral
phases (hexagonal birnessite) in marine sediments, which in
turn requires pervasive oxic conditions to preserve the iso-
topic signature (Nielsen et al., 2011; Ostrander et al., 2017,
2019, 2020; Owens et al., 2017; Them et al., 2018; Bowman
et al., 2019; Owens, 2019; Fan et al., 2020; Newby et al.,
2021). Modern seawater has a homogenous e205Tl of �6.0
± 0.6, 2SD (e205Tl = (205/203Tlsample/

205/203TlNIST 997 – 1) �
10,000, where NIST SRM 997 is the Tl standard;
Rehkämper et al., 2002; Nielsen et al., 2006b; Owens et al.,
2017), which is �4 epsilon units lighter than the average
e205Tl of marine inputs (volcanic gases, rivers, high-
temperature hydrothermal fluids, shelf sediment porewaters,
and mineral aerosols; e205Tl� -2; Nielsen et al., 2005, 2006b;
Baker et al., 2009). This offset is interpreted to reflect prefer-
ential removal of the heavier Tl isotope (205Tl) relative to the
lighter isotope 203Tl via formation andburial ofMn-oxides in
oxic marine sediments, since Tl adsorption onto the Mn-
oxide surface is associated with a large Tl isotope fractiona-
tion from seawater of +12 to +18 epsilon units (Rehkämper
et al., 2002, 2004; Nielsen et al., 2013, 2017). In comparison,
the magnitudes of Tl isotope fractionations associated with
the other two primary sinks, anoxic/euxinic sediments and
low-temperature alteration of oceanic crust (AOC), are
much smaller. The near-quantitative removal of Tl into
anoxic/euxinic sediments induces negligible Tl isotope frac-
tionation (Owens et al., 2017, 2019). The incorporation of
Tl during AOC, however, imparts a negative Tl isotope frac-
tionation (average fractionation value of �1.5; Rehkämper
and Nielsen, 2004; Nielsen et al., 2006b, 2011, 2017). The
three principal sinks, oxic sediments (Mn oxide-rich), anox-
ic/euxinic sediments, and AOC, contribute 31%, 4%, and
65% of the total marine Tl burial flux in the modern ocean,
respectively (Rehkämper and Nielsen, 2004; Baker et al.,
2009; Nielsen et al., 2009, 2011, 2017; Owens et al., 2017,
2019). As a result, Mn-oxide burial in marine sediments lar-
gely dictates the modern seawater Tl isotope budget relative
to other removal fluxes of Tl from the ocean (see Fig. 1).

The calibration of the Tl isotope redox tracer in modern
euxinic (anoxic and containing dissolved sulfide in the water
column, such as the Black Sea and Cariaco Basin) and
anoxic but non-euxinic (sulfidic conditions limited to sedi-
ment pore fluids, such as the Santa Barbara Basin) environ-
ments suggests that black shales deposited under these
conditions have the potential to faithfully record the
e205Tl of overlying seawater via quantitative sequestration
of aqueous Tl phases into sediments (Owens et al., 2017;
Fan et al., 2020). The modern marine Tl inventory is
�8.6 � 1010 mol and the oceanic residence time of Tl is
�18.5 kyr (Flegal and Patterson, 1985; Rehkämper and
Nielsen, 2004; Baker et al., 2009; Nielsen et al., 2017;
Owens et al., 2017, 2019), which is longer than the ocean
mixing timescale (on the order of �1–2 kyrs). As a result,
the Tl isotope composition of seawater is largely homoge-
neous on a global scale. Severe basin restriction and insuf-
ficient exchange with the open sea can render euxinic



Fig. 1. Modern marine Tl isotope budget. The Tl input fluxes are denoted with red bordered rectangles and single-headed arrows, and the Tl
output fluxes are represented by blue bordered boxes and double-headed arrows. The white rectangle with orange border represents ‘‘the
crustal” reservoir and the white rectangle with brown border represents ‘‘the oceanic” reservoir. The Tl transport pathways are expressed by
dashed arrows. The Tl isotope compositions (mean value or variation range) are labeled in red and the flux values with the unit of 106 mol/yr
are labeled in light blue and italic font. The residence time of Tl in modern ocean is ca. 18.5 kyrs which is labeled in brown. Data are compiled
from literature sources (Flegal and Patterson, 1985; Rehkämper et al., 2002, 2004; Nielsen et al., 2005, 2006b, 2009, 2011, 2017; Baker et al.,
2009; Prytulak et al., 2013; Coggon et al., 2014; Owens et al., 2017; Owens, 2019; Fan et al., 2020). The base map is adapted from Little et al.
(2014).
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sediments unable to record the Tl isotope value of modern
oxygenated open ocean waters. For instance, the Tl isotope
compositions of the local water column and underlying eux-
inic sediments in the modern Black Sea are more positive
than the open-ocean value (Owens et al., 2017). However,
provided that a depositional basin is not strongly restricted
from the open ocean, the Tl isotope compositions of euxinic
black shales can in principle be used to constrain the e205Tl
of global seawater. Accordingly, the e205Tl of ancient eux-
inic black shales can potentially provide insight into the
redox state of the ocean interior.

In this study, we investigate the Tl isotope compositions
of black shales from the �1.4 Ga Velkerri Formation
(Roper Group) that were previously analyzed for Mo, Cr,
and U isotopes (Kendall et al., 2009; Cole et al., 2016;
Yang et al., 2017) to provide additional constraints on
the global ocean redox at �1.4 Ga. The global burial flux
of Mn-oxides in marine sediments should respond to the
benthic redox landscape of Earth’s oceans. One can poten-
tially estimate the redox state of the deep ocean by leverag-
ing the proportion of marine Tl output via manganese
oxide burial, which can be derived from marine Tl isotope
mass-balance modeling using the e205Tl value of contempo-
raneous seawater as captured in reducing organic-rich
shales. In parallel, we assess the effects of post-
depositional hydrothermal alteration on the Tl isotope
compositions of black shales from the �1.7 Ga Wollogo-
rang Formation through a comparison of Tl and Re-Os iso-
tope systematics for the same sample suite, following a
similar approach previously applied to Mo and U isotope
data for these samples (Kendall et al., 2009; Yang et al.,
2017).

2. THALLIUM ISOTOPE PROXY

2.1. Modern oceanic Tl isotope budget

The marine Tl input and output fluxes and their Tl iso-
topic values in the modern ocean are summarized in Fig. 1.
The Tl isotope mass balance in the modern ocean is conven-
tionally assumed to be at steady state, with the total Tl
source and sink fluxes comparable in magnitude and iso-
topic composition. Five major Tl oceanic inputs are consid-
ered in this study: subaerial volcanism, rivers, hydrothermal
fluids, sediment porewaters from continental margins, and
mineral aerosols. The estimates for oceanic Tl source fluxes
and their Tl isotopic values in modern oceans are based on
compilations from previous studies (Rehkämper and
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Nielsen, 2004; Baker et al., 2009; Nielsen et al., 2009, 2011,
2017; Owens et al., 2017, 2019).

Subaerial volcanism is the primary input for oceanic Tl
on the modern Earth, consisting of �40% (1.8 Mmol yr�1)
of the total Tl input flux (Rehkämper and Nielsen, 2004;
Baker et al., 2009). The average e205Tl of volcanic gases
and particles is �1.7 ± 2.0 (Baker et al., 2009). The riverine
dissolved flux is approximately 1.2 Mmol yr�1 (Rehkämper
and Nielsen, 2004), constituting �25% of the overall marine
Tl source fluxes (Nielsen et al., 2017). Global rivers have an
average Tl isotope composition of �2.5 ± 1.0 (Nielsen
et al., 2005), which is similar to the average e205Tl of upper
continental crust (Nielsen et al., 2017; Rader et al., 2018),
conventionally thought to be due to limited isotope frac-
tionation during continental weathering and riverine/estu-
arine transport processes (Nielsen et al., 2005). High-
temperature (high-T) hydrothermal fluids leach Tl from
the oceanic crust at greater depths to seawater with an
annual Tl flux of 0.8 Mmol (Nielsen et al., 2006b, 2017).
The mean e205Tl of high-T hydrothermal fluids is �1.9 ± 0.
6 (Nielsen et al., 2006b), identical to the isotope composi-
tion of fresh MORB (Nielsen et al., 2006a). Although these
oceanic Tl inputs have minor discrepancies in their Tl
isotopic values, each of these Tl inputs is isotopically
indistinguishable from the bulk upper continental crust
(e205Tl = -2.1 ± 0.3, 2SD; Nielsen et al., 2005).

The porewaters of continental margin sediments con-
tribute a benthic recycling Tl flux to oceans via diagenetic
reduction of Mn-oxides (Rehkämper et al., 2004;
Rehkämper and Nielsen, 2004). This source represents
�17% of the overall Tl input to the modern oceans, with
a flux of �0.8 Mmol yr�1 (Nielsen et al., 2017). The mean
e205Tl of the benthic Tl flux is estimated to be �0 (Nielsen
et al., 2017) which is likely due to mixing of Tl from dis-
solved Mn-oxides (positive e205Tl of 6 to 12; Rehkämper
et al., 2002, 2004; Nielsen et al., 2013, 2017) and Tl from
seawater (negative e205Tl of ca. �6; Rehkämper et al.,
2002; Nielsen et al., 2006b; Owens et al., 2017). Mineral
aerosols rank as the least important oceanic Tl input to
the modern oceans, with a Tl flux of 0.2 Mmol yr�1

(�5% of the total marine Tl source flux) and an average
e205Tl of �2.0 ± 0.3 (Nielsen et al., 2005, 2017). Together,
the above estimates yield an overall marine Tl input flux of
�4.8 Mmol yr�1 to the modern oceans with a weighted
average e205Tl of �1.8 (Nielsen et al., 2017).

The fractions of marine Tl inputs during the Mesopro-
terozoic (targeted time interval in this study) could have
been different from those in modern oceans. The riverine
Tl flux at 1.4 Ga might be larger given higher modeled sur-
face temperature and continental weathering flux
(Krissansen-Totton and Catling, 2020). The higher
hydrothermal heat loss in Mesoproterozoic oceans
(Lowell and Keller, 2003) could also have resulted in a
higher hydrothermal Tl flux. Additionally, faster continen-
tal growth rate and enhanced volcanic activities during the
Mesoproterozoic compared to today (Hawkesworth et al.,
2013; Dhuime et al., 2018) might lead to an elevated vol-
canic Tl flux. Despite the speculative higher fluxes of ocea-
nic Tl sources at �1.4 Ga, we would expect the e205Tl of
overall marine input to be close to the modern value due
to the similar chemical composition of upper continental
crust since the Archean (Dhuime et al., 2015; Tang et al.,
2016b) and relatively insignificant impacts on isotope mass
balance from localized variability associated with continen-
tal weathering, high-T hydrothermal circulation, and vol-
canic outgassing (Nielsen et al., 2005, 2006b; Baker et al.,
2009).

There are three primary marine Tl outputs: low-
temperature alteration of oceanic crust (AOC), Mn-oxide
burial in oxic sediments, and burial in anoxic/euxinic sedi-
ments (Fig. 1). The largest single Tl sink from the modern
ocean is the AOC flux, estimated at �3.1 Mmol yr�1, which
accounts for around 65% of the total marine Tl output
(Rehkämper and Nielsen, 2004; Nielsen et al., 2017). The
altered upper oceanic crust has an average e205Tl of
��7.5 with an isotopic range between �16 and �6
(Nielsen et al., 2006b; Prytulak et al., 2013; Coggon et al.,
2014). The Tl isotopic fractionation of AOC
(D205TlAOC-sw) thus has a mean of �1.5 e-units due to the
small isotope fractionation during the final removal of Tl
via deeper oceanic crust (Nielsen et al., 2017; Owens, 2019).

Burial in association with Mn-oxides requires oxic sedi-
ments, which constitute the second largest marine Tl sink in
the modern ocean, with an estimated flux of 1.5 Mmol yr�1

or �32% of the total output Tl flux (Rehkämper and
Nielsen, 2004; Nielsen et al., 2017). The average Tl isotope
composition of Mn-oxides is �+10 (ranging from +6 to
+13), which yields a mean fractionation value from seawa-
ter (D205TlMnOx-sw) of +16 with the lower and upper bounds
of +14 and +19, respectively (Rehkämper et al., 2002, 2004;
Nielsen et al., 2009, 2013, 2017). The preferential scaveng-
ing and retention of the heavy Tl isotopes (205Tl) by
Mn-oxides is ascribed to oxidation of aqueous Tl(I) to
surface-complexed Tl(III) during adsorption onto low-
temperature Mn-oxide, specifically hexagonal birnessite
(Bidoglio et al., 1993; Peacock and Moon, 2012; Nielsen
et al., 2013).

The remaining significant Tl sink in the modern ocean is
anoxic/euxinic sediments, which currently account for
roughly 4% of the total oceanic Tl output (Owens, 2019).
Due to (near) quantitative Tl removal in such settings, there
is currently thought to be negligible isotopic fractionation
associated with burial into anoxic/euxinic sediments
(D205TlEux-sw = 0; Owens et al., 2017; Fan et al., 2020).
The overall marine Tl sink flux is thus �4.8 Mmol yr�1 with
a weighted average e205Tl of �1.8 (Nielsen et al., 2017).

2.2. Extracting a global seawater e205Tl value from

sedimentary records

Authigenic sulfide phases hosted in black shales depos-
ited under locally euxinic conditions have been proposed
to record the Tl isotopic composition of contemporaneous
bottom waters (Nielsen et al., 2011; Ostrander et al., 2017,
2019, 2020; Them et al., 2018; Bowman et al., 2019; Fan
et al., 2020). Observations from the Cariaco basin and the
Black Sea find that deep waters near the sediment–water
interface are almost entirely devoid of Tl (Owens et al.,
2017). In addition, the e205Tl of sediments and oxic seawater
in the Cariaco Basin are �5.1 ± 1.3 (2SD) and �5.5 ± 0.7
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(2SD), respectively, and the e205Tl of the counterparts in the
Black Sea are �2.3 ± 0.6 (2SD) and �2.2 ± 0.3 (2SD),
respectively, suggesting the e205Tl of authigenic (likely
pyrite-hosted) Tl leached from organic-rich sediments
within both euxinic basins is identical to that of the overly-
ing water column (Owens et al., 2017). Sediments deposited
in sulfidic pore fluids beneath a low-O2 water column in the
Santa Barbara Basin (e205Tl = �5.6 ± 0.1, 2SD; Fan et al.,
2020) also appear to faithfully capture the Tl isotope values
of global seawater (�6.0 ± 0.6, 2SD; Rehkämper et al.,
2002; Nielsen et al., 2006b; Owens et al., 2017). These obser-
vations suggest that dissolved Tl is nearly quantitatively
removed from the water column and sequestered in authi-
genic pyrite when free sulfide is present in either water col-
umn or pore fluids, which should minimize any Tl isotopic
fractionation associated with sequestration into a solid
phase under reducing conditions.

However, there are no observations to date to evaluate
whether Tl isotopic fractionation can occur under ferrugi-
nous conditions under relatively low sulfate concentrations
and thus a low potential for abundant free sulfide. Indeed,
existing observations of Tl concentration and e205Tl
through the chemocline of the Black Sea imply a negative
Tl isotope fractionation during Tl incorporation into pyrite
(203Tl preferentially concentrates in pyrite). The associated
isotope fractionation (D205Tlpy-sw) is estimated to be
between �3 and �1 (Owens et al., 2017). In this scenario,
the incomplete removal of Tl into small amounts of authi-
genic pyrite in ferruginous and/or weakly sulfidic systems
would be expected to record Tl isotopic values in sediments
that are 203Tl-enriched relative to overlying seawater. The
Santa Barbara Basin is the closest modern analog measured
to date, but there are significant differences between sulfate
availability and dissolved Fe in this system relative to truly
ferruginous environments. However, a recent study shows
that the euxinic shales deposited during the Ediacaran Per-
iod from South China (not including negative excursions
thought to capture times of more severe basin restriction)
have indistinguishable Tl isotopic values (e205Tl = �2.1 ±
0.6, 2SD) compared to broadly coeval ferruginous shales
from northwestern Canada (e205Tl = �2.1 ± 0.3, 2SD),
which is interpreted in both cases to capture the e205Tl of
overlying seawater at the time of sediment deposition
(Ostrander et al., 2020). In any case, although there is cur-
rently no firm evidence from modern anoxic and non-
sulfidic settings that such environments significantly frac-
tionate Tl isotopes relative to water column values, the
most conservative approach at present is to consider stable
Tl isotope compositions of ferruginous shales a lower
bound on coeval seawater, while utilizing clearly and persis-
tently sulfidic and euxinic systems as the most robust
archive of contemporaneous water column isotope
compositions.

Another key factor to consider in attempts to reconstruct
ancient seawater e205Tl is basin restriction. Analysis of sea-
water samples in the southern Atlantic Ocean (collected
from the UK GEOTRACES 40�S cruise) suggests that the
Tl isotope composition of modern open ocean water is
homogenous, with an overall average of �6.0 ± 0.6, 2SD
(Rehkämper et al., 2002; Nielsen et al., 2006b; Owens
et al., 2017). If a local depositional basin is well-connected
to the open ocean, the e205Tl of seawater in the local basin
is likely to match that of open ocean waters provided the res-
idence time of Tl in the ocean (modern value of ca. 18.5 kyr)
is sufficiently longer than the modern ocean mixing time-
scale. Modern seawater in the Cariaco Basin has an e205Tl
of �5.5 ± 0.7, 2SD (Owens et al., 2017), indistinguishable
from the global ocean value (�6.0 ± 0.6, 2SD), implying
that even silled and semi-restricted basins can reflect the Tl
isotope signature of the open ocean. However, if the basin
is more strongly restricted, the Tl isotope composition of
the local basin may deviate from global seawater due to
the local influence of Tl sources and sinks within the basin.
A striking example of this is provided by the Black Sea, in
which the e205Tl of surface seawater is �2.2 ± 0.3 (2SD),
reflecting a basinal mass balance dominated by continental
runoff input (e205Tl = �2.5 ± 1.0, 2SD; Nielsen et al.,
2005) and the lack of a significant oxic sink (Owens et al.,
2017).

3. SAMPLE DESCRIPTION AND BACKGROUND

3.1. Velkerri Formation

Black shale samples of the Velkerri Formation were col-
lected from the Urapunga-4 drill core from the McArthur
Basin in Northern Territory, Australia (Kendall et al.,
2009; Fig. 2). The Velkerri Formation belongs to the Roper
Group (Roper Superbasin) and is sandwiched between the
overlying McMinn Formation and the underlying Corco-
ran Formation (Fig. 3). The Velkerri Formation has a
thickness of �900 m (Ahmad and Dunster, 2013), with
facies dominated by organic-rich black shale and minor
deposition of glauconitic siltstone and sandstone (Jackson
and Raiswell, 1991; Warren et al., 1998; Abbott and
Sweet, 2000). It is worth noting that in our study we only
target thin intervals of black shales in the drill core
Urapunga-4 with a total thickness of �2 m (�137–138 m
and �326–327 m; the same sample suite used in Kendall
et al. (2009) and Yang et al. (2017)), which capture very
brief episodes of Velkerri Formation deposition (Fig. 3).
This sampling scheme was originally employed by
Kendall et al. (2009) to ensure a uniform initial 187/188Os
value across samples, which is essential for implementation
of the Re-Os isochron technique for black shale
geochronology. The Velkerri Formation is organic-carbon
rich, with TOC contents up to 9 wt% (Crick et al., 1988;
Jackson and Raiswell, 1991; Warren et al., 1998; Cox
et al., 2016; Mukherjee and Large, 2016), and is interpreted
to have been deposited in a low-energy shelf setting (Abbott
and Sweet, 2000). Previous chemostratigraphic studies indi-
cate that the Roper Group epeiric seaway was at least par-
tially connected to the open ocean (Jackson and Raiswell,
1991; Warren et al., 1998; Abbott and Sweet, 2000; Shen
et al., 2003; Johnston et al., 2008; Cox et al., 2016;
Mukherjee and Large, 2016; Yang et al., 2018), with water
column chemistry oscillating between anoxic and Fe-rich
(ferruginous) and euxinic conditions (Kendall et al., 2009;
Cox et al., 2016; Mukherjee and Large, 2016). The Re-Os
depositional ages of the two intervals studied here (the



Fig. 2. Regional geologic map of the McArthur Basin, Northern Territory, Australia. The locations of the drill core Urapunga-4 (Velkerri
Formation) of Roper Group, the drill core Mt-Young-2 (Wollogorang Formation) of McArthur Group, and the McArthur River (HYC) Pb-
Zn-Ag ore deposit are labeled with red circles. Modified from Volk et al. (2005), Kendall et al. (2009), Mukherjee and Large (2016), and Yang
et al. (2017).
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upper Velkerri Formation, between �137–138 m, and the
lower Velkerri Formation, between �326–327 m) are
1361 ± 21 Ma and 1417 ± 29 Ma, respectively (Kendall
et al., 2009). The Re-Os isochron ages are verified by the
youngest detrital zircon U-Pb age of 1308 ± 41 Ma for
the fine-grained siltstone from the upper Velkerri Forma-
tion (Yang et al., 2018, 2019) as well as a U-Pb baddeleyite
age of 1327.5 ± 0.6 Ma for the Derim Derim Dolerite that
intrudes the entire Velkerri Formation and overlying units
in the upper Roper Group (Bodorkos et al., 2021).

The two intervals of the Velkerri Formation show dis-
tinct chemostratigraphic signatures (Kendall et al., 2009).
The upper Velkerri interval (�137–138 m) is characterized
by high degrees of pyritization (DOP), generally DOP of
�0.9, with elevated FeT/Al ratios of 1.4–1.8 (Kendall
et al., 2009). Pronounced Mo enrichments (106–119 ppm),
together with elevated DOP and strong Fe enrichment, sug-
gest a persistently euxinic depositional environment. In
contrast, the lower Velkerri interval (�326–327 m) displays
lower DOP values (0.43–0.51), generally lower but sporad-
ically elevated FeT/Al ratios (0.5–1.4), and subtle Mo
enrichment (6–9 ppm), all of which are consistent with
deposition under ferruginous conditions.

Only the upper Velkerri Formation interval (�137–
138 m) has been analyzed for Mo isotope compositions
(Arnold et al., 2004; Kendall et al., 2009). The average



Fig. 3. Chemostratigraphic profiles for the Velkerri Formation (drill hole Urapunga-4). The geochemical data of the entire Velkerri
Formation are shown in the left chemostratigraphic columns which are labeled with cyan circles, and the geochemical data of the samples in
this study (Re-Os dated intervals) are labeled with magenta diamonds. Re-Os depositional ages of upper and lower Velkerri Formation are
from Kendall et al. (2009). The TOC, S, Mo, U data are from Kendall et al. (2009), Mukherjee and Large (2016), and Yang et al. (2017); the
d98Mo data are from Arnold et al. (2004) and Kendall et al. (2009); the FeHR/FeT and DOP data are from Shen et al. (2003). The grey dashed
line at FeHR/FeT value of 0.38 is the boundary between anoxic and oxic conditions. The pink dashed line at DOP value of 0.45 is also the
boundary between anoxic and oxic. The DOP value at 0.75 represents the boundary between anoxic and euxinic conditions (Raiswell and
Canfield, 1998; Lyons and Severmann, 2006), which is denoted as the purple dashed line. The geochemical data of the samples in the upper
(136.9–137.9 m) and lower (325.71–326.69 m) Velkerri Formation intervals are shown in the right chemostratigraphic columns. No TOC and
Mo isotope data exist for the lower Velkerri Formation interval. The Re-Os ages of individual samples are calculated in this study by using the
Re-Os isotope data reported in Kendall et al. (2009). The orange and blue dashed lines in the Re-Os age columns denote the Re-Os dating ages
of the two sampled intervals, 1361 Ma and 1417 Ma, respectively, as reported by Kendall et al. (2009). The d238U data are from Yang et al.
(2017). The Tl concentration and e205Tl data for the authigenic fraction of the samples are from this study. The tan shaded bar in the e205Tl
columns denotes the Tl isotopic values for the bulk upper continental crust (e205Tl = -2.1 ± 0.3, 2SD; Nielsen et al., 2005). Data are reported
in Table 1 and S1-2. The stratigraphic column is adapted from Mukherjee and Large (2016) and Yang et al. (2017).
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reported d97/95Mo value of 0.72 ± 0.10‰ (2SD) is equiva-
lent to a d98Mo value of 0.95 ± 0.14‰ (2SD) relative to
standard NIST SRM 3134 (d98Mo = 0.25‰; Nägler
et al., 2013). Combined Mo-U isotope mass balance model-
ing tentatively suggested the estimated d98Mo of coeval sea-
water during the deposition of the upper Velkerri
Formation was at least 1.50‰ (1.50–2.23‰; Lu et al.,
2020). In this light, the observed d98Mo value, as well as
Mo concentration data (Reinhard et al., 2013), implies that
roughly �2% of the seafloor was overlain by strongly sul-
fidic waters at 1.36 Ga as opposed to �0.1% euxinic sea-
floor coverage in the modern oceans (Reinhard et al., 2013).

The average uranium isotope values for the authigenic
fraction (d238Uauth) of the upper and lower Velkerri Forma-
tion intervals are 0.13 ± 0.04‰ (1SD) and �0.08 ± 0.18‰
(1SD), respectively (Yang et al., 2017). Using a coupled
Mo-U isotope mass balance model, the average d238U value
of contemporaneous seawater during deposition of the
upper Velkerri Formation was calculated to be �0.70‰
to �0.34‰ (Lu et al., 2020). The d238U of coeval seawater
during the deposition of the lower Velkerri interval was
originally estimated to be �0.68‰ to �0.93‰ by assuming
D238Used-SW was 0.60–0.85‰ (Yang et al., 2017). However,
this suggested value is difficult to validate given recent
observations of highly variable U isotope fractionation in
ferruginous settings (Cole et al., 2020). Nevertheless, the
U isotope data can be re-interpreted to indicate expanded
euxinic conditions during the upper Velkerri interval, and
relatively less extensive euxinic conditions during the lower
Velkerri interval. Expanded euxinia during deposition of
the upper Velkerri interval may reflect a period of greater
sulfate input and possibly also enhanced deep ocean oxy-
genation (increased marine sulfate concentrations suggested
from sulfur isotope data; Shen et al., 2003; Yang et al.,
2017). Despite this possible transient pulse of expanded
euxinia, the U isotope mass balance model suggests that
the euxinic coverage was no more than �7% of the global
seafloor during the Mesoproterozoic (Gilleaudeau et al.,
2019).

The chromium isotope (d53Cr) compositions of the
upper and lower Velkerri Formation intervals are
�0.14‰ to + 0.05‰ and �0.14‰ to �0.09‰ (relative to
NIST SRM 979), respectively (Cole et al., 2016). The
d53Cr values of the two intervals are extremely homoge-
neous and are indistinguishable from the bulk silicate Earth
(BSE) (Schoenberg et al., 2008; Cole et al., 2016), suggest-
ing that atmospheric O2 at 1.36 Ga was below the level nec-
essary to trigger extensive oxidative weathering and redox
cycling of Cr in terrestrial and coastal marine settings
(Planavsky et al., 2014; Cole et al., 2016).

3.2. Wollogorang Formation

Black shales from the Wollogorang Formation were col-
lected from the Mount Young 2 drill core of the McArthur
Basin in Northern Territory, Australia (Kendall et al., 2009;
Fig. 2). The Wollogorang Formation belongs to the Tawal-
lah Group (Calvert Superbasin) which is bracketed by the
overlying Gold Creek Volcanics and the underlying Settle-
ment Creek Volcanics (Cooke et al., 2000; Fig. 4). The Wol-
logorang Formation has a thickness of �100–150 m
(Ahmad and Dunster, 2013), with facies dominated by



Fig. 4. Chemostratigraphic profiles for the samples of the Wollogorang Formation (drill hole Mount Young 2) in this study (Re-Os dated
intervals). SHRIMP U-Pb zircon ages of tuffaceous beds are from Page et al. (2000). The DOP, FeT/Al, Mo concentration and d98Mo data are
from Kendall et al. (2009). The U concentration and d238Uauth data are from Yang et al. (2017). The Re-Os age and percent deviation data for
individual samples are calculated in this study by using the Re-Os isotope data reported in Kendall et al. (2009). The orange dashed lines in the
Re-Os age column denotes the reference Re-Os isochron age of 1730 Ma (Kendall et al., 2009). The Tl concentration and e205Tl data for the
authigenic fraction of the samples are from this study. The grey dashed line in the DOP column represents the value of 0.45, indicating the
boundary between anoxic and oxic conditions. The open red squares denote the data of the black shale sample (76.91–76.96 dol) adjacent
to a dolomitic vein. The tan shaded bar in the e205Tl column represents the Tl isotopic values for the bulk upper continental crust
(e205Tl = -2.1 ± 0.3, 2SD; Nielsen et al., 2005). Data are reported in Table 1 and S1-2. The stratigraphic column is adapted from Mukherjee
and Large (2016) and Yang et al. (2017).
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dolomitic sandstone, siltstone, and mudstone and with
deposition of dolomitic organic-rich black shale as well as
dolostone (Jackson, 1985; Donnelly and Jackson, 1988).
Similar to the sampling resolution for the Velkerri Forma-
tion, we only focus on samples from a �3 m interval (�74–
77 m depth in drill core Mount Young 2) of black shales in
the Wollogorang Formation that were originally targeted
for Re-Os isotope analyses by Kendall et al. (2009) and also
analyzed for Mo and U isotope compositions by Kendall
et al. (2009) and Yang et al. (2017), respectively. This sedi-
ment interval belongs to the maximum flooding surface in
the middle Wollogorang Formation (characterized as
‘ovoid beds’ in lithofacies analysis) and spanned offshore
(below storm-wave base) hemipelagic and/or low-density
turbidity current depositional settings (Kunzmann et al.,
2020). The pyritic black shale unit (�20–25 m thick) con-
taining the sampled interval has an average TOC content
of �6 wt.% and contains dolomitic nodules and veins
(Donnelly and Jackson, 1988; Kendall et al., 2009; Spinks
et al., 2016; Kunzmann et al., 2020). Existing lithofacies
characterization and chemostratigraphic data (Mo enrich-
ments, Fe speciation, DOP values, and sulfur (S) isotopes)
suggest that the Wollogorang sediments were stratigraphi-
cally homogenous and deposited on a large epeiric platform
without much topography (Kunzmann et al., 2020). The
bottom waters were periodically euxinic and the basin con-
nection to the open ocean was semi-restricted from time to
time (Jackson et al., 2000; Page et al., 2000; Southgate et al.,
2000; Shen, 2002; Kendall et al., 2009; Spinks et al., 2016).

The southern McArthur Basin is host to world-class Pb-
Zn-Ag deposits, including the McArthur River (HYC) and
Teena deposits, hosted by the ca. 1640 Ma Barney Creek
Formation (Fig. 2). The associated ore fluids are estimated
to be oxidized (HSO4
- predominant), acidic (pH below 4),

and low-salinity brines (�15 wt% NaCl equiv.) with the
temperature around 150 �C (Cooke et al., 2000). Such saline
mineralizing fluids transported Zn, Fe, and Tl (leached
from the Settlement Creek and Gold Creek Volcanics in
the Upper Tawallah Group; Cooke et al., 1998) until reduc-
tion by the pyritic-carbonaceous sediments of the Barney
Creek Formation to precipitate sphalerite and proximal
Tl-rich diagenetic pyrite, in association with replacement
(acid dissolution) of dolomite (Spinks et al., 2021). The
report of indigenous biomarkers, low Tmax values, and lack
of signs of alteration in many drill cores of the Wollogorang
Formation suggest that, overall, the Wollogorang sedi-
ments did not pass the oil window and remained pristine
across the entire basin (Kunzmann et al., 2020;
Vinnichenko et al., 2020). However, some sections of the
Wollogorang Formation (e.g. drill core Mount Young 2)
show signs of localized hydrothermal overprinting (copper
sulfides enrichment, elevated abundances in Zn, Pb, and
Tl, and periodically-high concentrations of pyrite deposi-
tion) and up to sub-greenschist thermal metamorphism
(Jackson, 1985; Southgate et al., 2000; Spinks et al.,
2016). These geochemical signatures, together with evidence
from paleomagnetism (overprinting of paleomagnetic
poles; Idnurm et al., 1995; Idnurm, 2000; Symons, 2007)
and petrology (large pyrite aggregates and dolomitic vein-
lets; Jackson, 1985; Donnelly and Jackson, 1988), suggest
that the localized post-depositional alteration of the Wollo-
gorang Formation was closely relevant to the ca. 1640 Ma
mineralization event that formed the giant McArthur River
HYC deposit (Crick et al., 1988; Donnelly and Jackson,
1988; Idnurm et al., 1995, 2000; Cooke et al., 1998;
Jackson et al., 2000; Garven et al., 2001; Logan et al.,
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2001; Rawlings et al., 2004; Williford et al., 2011). The local
hydrothermal alteration of the Wollogorang Formation in
Mount Young 2 might be ascribed to the drill core location
close to a basement inlier faulted contact with the Paleopro-
terozoic strata from which fluid flow probably percolated
(Fig. 2). The hydrothermal fluids that altered the Wollogo-
rang Formation shales are speculated to share some physio-
chemical properties in common with the mineralizing brines
of the HYC SEDEX deposit (Spinks et al., 2016). In partic-
ular, the alteration fluids that moved through the Wollogo-
rang black shales in Mount Young 2 are estimated to have
low-to-moderate temperatures (�100–200 �C) and are
enriched in base metals by analogy with the ore fluids that
shaped the McArthur River HYC deposit (Southgate et al.,
2000; Polito et al., 2006).

Although lowermost greenschist facies metamorphism is
conventionally assumed not to perturb the Re-Os
geochronometer (Kendall et al., 2004; Rooney et al.,
2011), the post-depositional hydrothermal event at around
1640 Ma was found to disturb the Re-Os isotope systemat-
ics of black shales of the Wollogorang Formation in the
studied drill core (Kendall et al., 2009). Re-Os dating of
black shales in the �74–77 m interval of the Mount Young
2 drill core yields an erroneous age of 1359 ± 150 Ma with a
strongly discordant errorchron (Kendall et al., 2009), nota-
bly younger than the SHRIMP U-Pb zircon ages of
1729 ± 4 Ma and 1730 ± 3 Ma, dated from the tuffaceous
beds a few meters above the interval targeted for Re-Os iso-
tope analysis (Page et al., 2000). The initial 187Os/188Os
value of the Wollogorang shales (IOs) derived from the iso-
chron regression is 3.5 ± 1.5 which is significantly higher
than the Os isotope composition of the most radiogenic
reservoirs on present-day Earth (�1.0 to 1.4 for upper con-
tinental crust; Esser and Turekian, 1993; Peucker-
Ehrenbrink and Hannigan, 2000; Hattori et al., 2003;
Chen et al., 2016). Considering less radiogenic 187Os accu-
mulated during the Paleoproterozoic compared to today,
the 187Os/188Os of the Paleoproterozoic upper continental
crust would have been lower (Yang et al., 2017). Since Os
and Re in reducing environments primarily concentrate in
organic matter (Ravizza et al., 1991; Ravizza and Esser,
1993; Martin et al., 2000; Peucker-Ehrenbrink and
Hannigan, 2000; Creaser et al., 2002; Jaffe et al., 2002;
Selby and Creaser, 2003) and authigenic sulfides (Miller
et al., 2011; Helz and Dolor, 2012), the erroneous Re-Os
isochron age and the abnormally high IOs value are readily
explained by the differential remobilization of Re and Os
during disturbance of organic matter and sulfides via
post-depositional fluid flow. The bottom of the studied
interval (�76–77 m) in the Wollogorang Formation
appears to have undergone the most intense alteration, as
evidenced by a higher initial 187Os/188Os ratio from an iso-
chron regression of this sub-interval (4.8 ± 4.3) and the
most severe deviation from a �1730 Ma reference Re-Os
isochron (Kendall et al., 2009; Fig. 4). These signatures
indicate migration of the hydrothermal fluids from (strati-
graphic) bottom to top through the sequence.

The d98Mo values (relative to NIST SRM 3134 = 0.25
‰) of the Wollogorang Formation sampled from the same
�74–77 m core depth interval range between 0.30‰ and
1.03‰ with the lightest Mo isotope value (0.30‰) occurring
at the bottom of the interval. This implies addition of Mo
from an oxidizing fluid, which can favor isotopically light
Mo being added, or otherwise, heavier Mo isotopes were
preferentially leached out of the black shales (Kendall
et al., 2009). The U isotope values of the authigenic fraction
(d238Uauth) of the upper section (74.27–75.53 m) and lower
section (76.00–76.96 m) in the same interval of the Wollo-
gorang Formation are �0.04 ± 0.09‰ (1SD) and 0.10 ± 0.
05‰ (1SD), respectively (Yang et al., 2017), suggesting that
either 238U from hydrothermal fluids was preferentially
added to the black shales during reductive U sequestration
or the lighter U isotope (235U) was preferentially leached
from the shales during fluid-rock interaction.

4. METHODS

4.1. Leaching and dissolution procedure

The authigenic leaching and digestion were conducted
under trace metal-clean conditions at Georgia Institute of
Technology and in the National High Magnetic Field Lab-
oratory (NHMFL) at Florida State University, following
the procedures described in Nielsen et al. (2011) and
Owens et al. (2017). Around 150 mg of 200-mesh sample
powder was treated with 3 ml of 2 M HNO3 and heated
on a hotplate at 130 �C for 12 hours. The supernatant
was extracted to separate authigenic Tl from detrital Tl.
To dissolve suspended organic matter, dried supernatants
were further reacted with 3 ml of a 50:50 (v/v) mixture of
concentrated HNO3-HCl acid, heated at 120 �C overnight,
and then transferred to a CEM Mars 6 microwave for 4
hours. An extra 1 ml of 50% HNO3 and �100 ml of pure
trace metal grade H2O2 was added to dried samples to
ensure the dissolution of all organic matter. A few drops
of concentrated HCl were added to dried samples and
immediately dried down. The samples were reconstituted
with 1 ml of 1 M HCl and treated with 100 ml of brominated
H2O in preparation for Tl column chemistry. The acids
used during leaching and dissolution steps were Aristar/
trace-metal grade. The USGS reference material SCo-1
(Cody Shale) and a procedural blank were prepared
together with natural samples during sample preparation
to monitor external reproducibility.

4.2. Tl isotope and concentration analysis

Thallium isotope analysis was conducted at the
NHMFL. The complete separation of Tl from the sample
matrix was achieved via ion-exchange chromatography
developed by Rehkämper and Halliday (1999) and
Nielsen et al. (2004). Pre-cleaned micro PFA columns
were loaded with approximately 100 ml of 200–400 mesh
Bio-Rad AG1-X8 anion exchange resin (rinsed with weak
acid and MQ water several times before loading). The
loaded columns were eluted with an excess of three col-
umn volumes of 0.1 M HCl-SO2 and 0.1 M HCl sepa-
rately to wash the resin. The resin was conditioned with
0.1 M HCl-1% Br2-H2O (the volume percent of 0.1 M
HCl and saturated bromine water is 99% and 1%, respec-
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tively) prior to loading samples prepared from previous
leaching and dissolution steps, including standards and
blanks. Matrix elements, especially the major potential
isobaric interference lead (Pb), were eluted from the col-
umns with 1.8 ml of 0.5 M HNO3-3% Br2-H2O, 1.6 ml
of 2 M HNO3-3% Br2-H2O, and 1.6 ml of 0.1 M HCl-
1% Br2-H2O. Thallium was then collected via the elution
of 1.6 ml of 0.1 M HCl-SO2 through the columns, then
the samples were evaporated on a hotplate at 120 �C.
When samples were approaching dryness, the temperature
of the hotplate was adjusted to �210 �C for approxi-
mately two hours until dryness. Samples were then recon-
stituted with 50 ml of 50:50 (v/v) HNO3-HCl, capped, and
placed on a 120 �C hotplate for approximately three
hours. Beakers were uncapped and the samples were evap-
orated on a hotplate to dryness. Dried samples were
reconstituted in 50 ml of concentrated HNO3 and dried
down again on a hotplate at 120 �C. Finally, 500 ml of
0.1 M HNO3-0.1% H2SO4 was added to the beakers for
the preparation of Tl isotope analysis. All the acids used
in the column chemistry were double-distilled and clean
Teflon beakers were used for each step. The recovery of
Tl after column chemistry is within analytical error of
100%, as verified by the earlier work which yielded the
constant replication of USGS shale standard SDO-1 (aver-
age e205Tl of �2.0 ± 0.3, 2SD).

The Tl isotope compositions of purified samples were
measured with a Thermo Fisher Neptune multi-collector
inductively coupled plasma mass spectrometer (MC-ICP-
MS) operated in low-resolution mode at the NHMFL fol-
lowing the established analytical methods (Rehkämper
and Halliday, 1999; Nielsen et al., 2004). The Tl isotope
analysis utilized external normalization to NIST SRM 981
Pb with standard-sample bracketing (the bracketing Tl stan-
dard is NIST SRM 997) to correct for instrumental mass
bias (Rehkämper et al., 2002; Nielsen et al., 2004, 2009,
2011; Baker et al., 2009). With addition of a known quantity
of NIST SRM 981 Pb, the Tl concentrations were deter-
mined via converting from the measured 205Tl/208Pb ratios
during the isotopic analysis. The precision and accuracy of
Tl concentration and isotope analysis at the NHMFL is
monitored via routinely analyzing USGS shale standard
SCo-1. The analysis of the authigenic fraction of SCo-1
yielded results for Tl concentration of 205 ± 36 ppb (2SD,
n = 3), consistent with previously reported value of
213 ± 79 ppb (2SD) (Ostrander et al., 2017; Owens et al.,
2017; Fan et al., 2020) within analytical error of ± 6%. Pro-
cedural blanks were below the detection limit for Tl (<5 pg)
which is insignificant (<0.1%) compared to the amounts of
sample Tl analyzed. The Tl isotope compositions (e205Tl)
of standards and samples are reported as per epsilon
deviation from the NIST 997 standard as follows:
e205Tl = (205/203Tlsample/

205/203TlNIST 997 – 1) � 10,000. The
analysis of SCo-1 in this study yielded Tl isotope values of
�3.0 ± 0.2 (2SD, n = 6) which is within the uncertainty of
the long-term value of SCo-1 of �3.0 ± 0.3 (2SD)
(Ostrander et al., 2017, 2019, 2020; Owens et al., 2017,
2019; Them et al., 2018; Bowman et al., 2019; Fan et al.,
2020).
5. RESULTS

Authigenic Tl concentrations of black shales within both
the upper (136.9–137.9 m) and lower (325.5–327.0 m)
Velkerri Formation are relatively invariant, however, the
Tlauth abundances of the upper Velkerri interval (8.07 ±
0.36 ppm SE; Table 1; Fig. 3) are about an order of magni-
tude higher than the Tlauth abundances of the lower Velkerri
interval (0.62 ± 0.09 ppm SE; Table 1; Fig. 3). Black shales
from the upper Velkerri Formation have an average
e205Tlauth of �2.4 ± 0.8 (2SD; Table 1; Fig. 3). The
authigenic Tl isotope compositions from the lower Velkerri
Formation yield an average value of �3.3 ± 0.4 (2SD;
Table 1; Fig. 3). The two duplicates (326.20–326.28 m) in the
lower Velkerri Formation have e205Tlauth of �3.2 ± 0.4 and
�3.6 ± 1.3, respectively, which are identical within
analytical error.

Authigenic shale Tl concentrations of the Wollogorang
Formation display no obvious distinctions between the
upper (average Tlauth of 0.90 ± 0.37 ppm, SE; ranging from
0.02 ppm to 2.05 ppm) and lower (average Tlauth of 1.23 ±
0.24 ppm, SE; varying between 0.52 ppm and 1.56 ppm)
intervals (Table 1; Fig. 4). There is essentially no difference
between the authigenic Tl concentration of the dolomitized
sample (1.35 ppm) and that of the shale sample with the
same depth (1.49 ppm; Table 1; Fig. 4), given analytical
uncertainties. The Tl isotopic compositions of the upper
Wollogorang Formation (74.27–75.53 m) display a range
between �5.9 to �3.9, with an average value of �4.7 ±
1.4 (Table 1; Fig. 4). The black shale samples from the
lower Wollogorang Formation (76.00–76.96 m) have a
similar average e205Tl value (�4.8 ± 0.4) but with a more
restricted range (�5.1 to �4.6; Table 1; Fig. 4). The
e205Tl value of the dolomitized sample from the lower
Wollogorang Formation is �4.9 ± 1.3, which is indistin-
guishable from that of its duplicate (�4.6 ± 0.4) within
analytical error (Table 1; Fig. 4). Neither of the formations
are marked by significant stratigraphic variability in e205Tl
values, except a minor difference in the average e205Tl
values of the upper and lower Velkerri intervals.

6. DISCUSSION

6.1. Effects of post-depositional alteration on the Tl isotope

composition of Wollogorang Formation black shales

The effect of post-depositional alteration on the Wollo-
gorang shales can be evaluated by the degree of open-
system behavior exhibited by the Re-Os isotope system
(Kendall et al., 2009). Specifically, the extent of deviation
from a reference ca. 1730 Ma Re-Os isochron (assuming a
low seawater 187Os/188Os similar to most other
Paleoproterozoic-Mesoproterozoic black shales) can be
quantitatively assessed via calculating the percentage
difference between the actual 187Os/188Os value and the
187Os/188Os value predicted by the reference isochron
(Fig. 4). The Wollogorang black shales from the
76.00–76.96 m interval (lower Wollogorang) of the Mount
Young 2 drill core have around one order magnitude larger



Table 1
Tl isotope composition and concentration of the authigenic fraction, Re-Os age, and percent deviation from the reference Re-Os isochron
(only for Wollogorang samples) for the black shales of the Velkerri Formation and Wollogorang Formation.

Core deptha e205Tl 2SD n Tl Re-Os ageb Deviationc

(m) (ppm) (Ma) (%)

Upper Velkerri (Urapunga-4)

136.98–137.05 �2.0 0.3 3 8.67 1357 —
137.19–137.26 �3.1 0.0 2 8.22 1363 —
137.26–137.33 �2.2 0.1 2 6.64 1366 —
137.46–137.52 �2.6 0.2 2 9.15 1360 —
137.75–137.79 �2.1 0.5 6 8.23 1358 —
137.84–137.89 �2.5 0.5 2 7.51 1356 —

Lower Velkerri (Urapunga-4)

325.71–325.78 �3.2 0.3 5 1.05 1419 —
326.20–326.28 �3.2 0.4 5 0.53 1411 —
326.20–326.28_dup �3.6 1.3 6 0.51 — —
326.42–326.48 �3.1 0.5 2 0.47 1408 —
326.48–326.55 �3.3 0.2 2 0.51 1420 —
326.62–326.69 �3.2 0.4 5 0.57 1417 —

Upper Wollogorang (Mount Young 2)

74.27–74.29 �4.5 0.3 1 2.05 1724 �0.44
74.35–74.38 �3.9 0.3 4 0.20 1707 �1.42
75.08–75.11 �4.7 0.4 2 1.08 1726 �0.31
75.48–75.51 �5.9 0.5 2 0.02 1705 �1.56
75.51–75.53 �4.6 0.5 2 1.15 1725 �0.35

Lower Wollogorang (Mount Young 2)

76.00–76.03 �5.1 0.3 1 0.52 1641 �5.25
76.03–76.08 �4.8 0.3 3 1.56 1613 �6.86
76.91–76.96 �4.6 0.4 4 1.49 1635 �5.61
76.91–76.96 (dol) �4.9 1.3 7 1.35 1540 �11.10
76.91–76.96 (dol)_dup �4.6 0.4 6 1.31 — —

a ‘‘dup” represents duplicate full powder samples for Tl isotope analysis; ‘‘dol” denotes the black shale sample with dolomite veinlet.
b ‘‘Re-Os age” is calculated with assumed initial 187Os/188Os isotope ratio of 0.290 (at 1361 Ma) for upper Velkerri Formation, 0.060 (at

1417 Ma) for lower Velkerri Formation, and 0.115 (at 1730 Ma) for Wollogorang Formation. The age equation used is (187Os/188Os)measured =
(187Os/188Os)initial + (187Re/188Os)measured � (ekt � 1), where k is the 187Re decay constant of 1.666 � 10-11 a-1 (Smoliar et al., 1996; Selby et al.,
2007) and t is derived Re-Os age for each sample. The (187Os/188Os)measured and (187Re/188Os)measured data for each sample are from Kendall
et al. (2009) and presented in Table S2.
c ‘‘Deviation” denotes the percent deviation of sample points from the reference 1730 Ma Re-Os isochron. It is calculated by the percent

difference between the actual 187Os/188Os value of the sample and the 187Os/188Os value predicted by the 1730 Ma Re-Os isochron given the
187Re/188Os value of the sample. The Re-Os isotope data are from Kendall et al. (2009) and presented in Table S2.
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negative deviations from the reference 1730 Ma Re-Os
isochron compared to the samples from the 74.27–
75.53 m subset (upper Wollogorang; Fig. 4; Table 1;
Kendall et al., 2009). Moreover, the sample with a promi-
nent dolomite veinlet near the base of the lower Wollogo-
rang interval (76.91–76.96 m) has the most pronounced
negative deviation (Fig. 4; Table 1), suggesting that
hydrothermal fluids percolated the black shale strata of
the Wollogorang Formation from the underlying dolostone
(Fig. 4; Donnelly and Jackson, 1988; Kendall et al., 2009)
and migrated stratigraphically upward. The direction of
deviation can be ascribed to artificially elevated 187Re/188Os
ratios caused by preferential depletion of Os relative to Re
or addition of Re relative to Os during hydrothermal fluid
alteration (Kendall et al., 2009). The regression of Re-Os
isotope data for Wollogorang shales yields Re-Os isochron
dates of 1781 ± 190 Ma for the upper Wollogorang interval
and 1234 ± 370 Ma for the lower Wollogorang interval,
respectively (Kendall et al., 2009). The Re-Os isochron
age of the upper Wollogorang shales (initial 187Os/188Os
of �0.5 ± 1.9, 2SD; Kendall et al., 2009), though imprecise,
is broadly consistent with independent U-Pb age con-
straints (1729 ± 4 Ma and 1730 ± 3 Ma), indicating that
the upper Wollogorang interval was less perturbed by
hydrothermal fluids. The lower Wollogorang interval shales
(initial 187Os/188Os of 4.8 ± 4.3, 2SD; Kendall et al., 2009),
however, was strongly altered by hydrothermal fluids as
demonstrated by the unreasonably young Re-Os isochron
date (Page et al., 2000; Kendall et al., 2009).

In an attempt to assess the effects of post-depositional
hydrothermal alteration on Tl isotope records of the Woll-
ogorang shales, we use the co-occurring Re-Os isotope sys-
tematics to gauge degrees of alteration, as was done
previously for Mo and U isotopes (Kendall et al., 2009;
Yang et al., 2017). The e205Tl of black shales from the
upper Wollogorang interval (�4.7 ± 1.4) is indistinguish-
able within uncertainty from that of the deep Wollogorang
subset (�4.8 ± 0.4; Fig. 4). No systematic correlation is
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observed between e205Tl values and the percent deviation
from the reference 1730 Ma Re-Os isochron (Fig. 4). In
addition, there is no difference in Tl isotopic values between
the dolomitic shale (most clearly altered based on petrogra-
phy and Re-Os data) and the other samples (Fig. 4). The
abundances of Tl display no variation trend between the
upper (0.90 ± 0.37 ppm, SE) and lower (1.23 ± 0.24 ppm,
SE) Wollgorang shales (Fig. 4; Table 1). Given the consis-
tent Re-Os isochron age and U-Pb age of the upper Wollo-
gorang interval, it is possible that the upper Wollogorang
shales still record contemporaneous authigenic e205Tl sig-
nals. However, the trace metal systematics of lower Wollo-
gorang shales are likely to have been disturbed in light of
the strong evidence for open-system behavior in the Re-
Os system.

The apparent independence between the Tl isotopic
values and the extent of alteration (as evaluated by devi-
ation from the reference 1730 Ma Re-Os isochron) can
be explained by two possibilities: (1) the Tl isotope sys-
tematics of the Wollogorang shales have not been sub-
stantially altered during post-depositional hydrothermal
alteration; or (2) the Tl isotope system has been homo-
geneously overprinted by post-depositional hydrothermal
fluids in both the upper and lower Wollogorang
intervals.

There are two possible scenarios (closed-system and
open-system) that could in theory result in robust Tl iso-
tope systematics in the face of post-depositional alteration
of Wollogorang shales. In the first (closed-system alter-
ation), the relatively oxidized mineralizing fluids did not
effectively remobilize authigenic Tl from primary sulfide
phases, which resulted in the retention of original Tl isotope
signatures despite the disturbance to the Re-Os system.
Alteration of Re-Os isotope systematics has been ascribed
to the dissolution/reprecipitation of organic matter and sul-
fides (the major hosts for Re and Os). Since Tl in black
shales appears to concentrate primarily in sulfides
(Nielsen et al., 2009) while Re and Os in black shales are
more prone to be hosted in organic matter rather than sul-
fides (Georgiev et al., 2012), one possible explanation for
the distinct behaviors of Tl isotopes and Re-Os isotopes is
that the hydrothermal fluids that altered Wollogorang
shales only perturbed organic matter and did not signifi-
cantly impact sulfide phases. In the second scenario (open
system), Tl isotope fractionation during the leaching of Tl
by hydrothermal fluids was limited. In other words, the rel-
atively oxidizing alteration fluids may have leached Tl out
of sulfide minerals at elevated temperature without impart-
ing a significant isotope effect. If the removal of Tl was
quantitative at the grain scale, the Tl isotopic compositions
of the altered shales would exhibit minimal deviation from
those of unaltered (or least altered) shales. This scenario
finds some support in the observation that high-
temperature, on-axis hydrothermal fluids are characterized
by Tl isotopic compositions identical to those of average
MORB, suggesting that the leaching of Tl from the oceanic
crust does not lead to significant Tl isotope fractionation
(Nielsen et al., 2006b). The postulated moderate to high
temperature of the mineralization fluids (�100–200 �C)
associated with alteration of the Wollogorang shales in
Mount Young 2 may thus have caused limited Tl isotope
fractionation during fluid alteration.

However, it is difficult to definitively rule out the possi-
bility that post-depositional fluids have overprinted any
authigenic Tl isotope signature initially preserved in the
Wollogorang shales. The study of SEDEX metal index pro-
vides evidence of widespread Tl dispersion in the Wollogo-
rang sediments (Spinks et al., 2016), suggesting the
alteration fluids may have been enriched in Tl. If the abun-
dance of authigenic Tl in Wollogorang shales was initially
low and was followed by significant Tl capture from the
fluid, any primary Tl isotope signature would have been
overprinted. In this scenario, the e205Tl recorded in Wollo-
gorang shales primarily reflects the Tl isotope composition
of alteration fluids. The lack of difference in Tl isotopic val-
ues between the upper and lower Wollogorang shales
implies that even the least altered upper Wollogorang inter-
val has been completely overprinted by alteration fluids as a
result of poor rock buffering relative to the Tl abundance of
the alteration fluids, while the exogenous loading of Re and
Os from the mineralizing fluids has not entirely masked the
authigenic Re-Os isotope signature of the upper Wollogo-
rang shales. Petrographic observations show that Tl-
bearing diagenetic pyrite overgrowths are associated with
sphalerite and galena mineralization, indicating the ore-
bearing fluid that shaped the HYC Zn-Pb deposit had rela-
tively high Tl abundances (Spinks et al., 2021). However,
there is no obvious distinction in Tl concentration between
the dolomitic shale (1.35 ppm) and the black shale of the
same depth (1.49 ppm; Table 1; Fig. 4). In addition, Tl con-
tents of the Wollgorang shales show no correlation with the
percent deviation from the reference 1730 Ma Re-Os iso-
chron (Fig. 4). These observations may suggest the alter-
ation fluids that perturbed the Re-Os isotope systematics
of the Wollogorang shales did not carry a significant
amount of Tl. If Tl-bearing diagenetic pyrites precipitated
during the local post-depositional alteration of the Wollo-
gorang Formation (as in the case of HYC Pyritic Shale
member; Spinks et al., 2021), Tl/S ratios might be helpful
to gauge the amount of external Tl addition from the alter-
ation fluids (i.e., the samples with larger extent of alteration
are more likely to have low Tl/S ratios due to much smaller
abundance of Tl in pyrite compared to S). However, we are
unable to verify this assumption since whole-rock sulfur
concentration data for the Wollogorang samples have not
been determined.

We can also compare the behaviors of Tl, Mo, and U
isotopes during post-depositional alteration of the Wollo-
gorang shales. Both Mo and U isotope compositions vary
systematically with the deviation from the 1730 Ma Re-
Os reference isochron (Fig. 4), indicating that the extent
of alteration had a significant effect on the d98Mo and
d238U signatures of the lower Wollogorang shales. At face
value, this pattern suggests that the upper Wollogorang
interval may preserve authigenic Mo and U isotopic com-
positions, while the primary d98Mo and d238U values of
the lower Wollogorang have been disturbed (similar to
Re-Os isotope signatures). The altered lower Wollogorang
shales have heavier U isotopic values and lighter Mo iso-
topic values compared to the more pristine upper Wollogo-



Z. Li et al. /Geochimica et Cosmochimica Acta 315 (2021) 185–206 197
rang interval (Fig. 4). This observation could be interpreted
to reflect preferential leaching of lighter 235U and heavier
Mo isotopes (including 98Mo) during alteration or that
the Wollogorang shales preferentially trapped heavier
238U and lighter Mo isotopes (including 95Mo) from the
hydrothermal fluids (Kendall et al., 2009; Yang et al.,
2017). In any case, the distinctive behaviors between Tl iso-
topes and Mo-U isotopes during the post-depositional
alteration result in the absence of correlations between
e205Tl and d98Mo and between e205Tl and d238U for the
Wollogorang shales (Fig. 4).

6.2. Thallium isotope evidence for global ocean redox at

1.36 Ga

6.2.1. The stable Tl isotope composition of seawater during

the early Mesoproterozoic

Black shales from the upper Velkerri interval (136.98–
137.89 m) have DOP values � 0.9 (Table S1; Fig. 3), sug-
gesting that the Roper Superbasin was stably euxinic during
deposition of this interval (Raiswell et al., 2018). In addi-
tion, both the high [Mo] (106–119 ppm; Table S1) and ele-
vated Mo/TOC ratios (13–16 ppm/wt.%; Yang et al., 2017)
of the upper Velkerri black shales suggest that the Roper
Superbasin was not strongly restricted during the deposi-
tion of the upper Velkerri interval. Otherwise, the stagnant
basins would have developed Mo-depleted bottom waters
(due to a faster rate of Mo burial in sediments compared
to the rate of Mo recharge via deep water renewal) and thus
have low Mo/TOC ratios in euxinic sediments (Algeo and
Lyons, 2006). The closed-system behavior of the Re-Os sys-
tem in black shales also suggests that the Velkerri Forma-
tion had not been perturbed by any post-depositional
alteration. Together with evidence for persistent euxinic
conditions and lack of severe basin restriction, we can use
the upper Velkerri black shales as a tracer of contempora-
neous global seawater, yielding an oceanic e205Tl of �2.4
± 0.8 (e) at �1.36 Ga.

In contrast, the lower Velkerri shows evidence for both
ferruginous deposition and possibly local restriction, in
the form of intermediate DOP values (0.43–0.51), sporadi-
cally elevated FeT/Al ratios, detectable but very muted
Mo enrichments of �6–9 ppm, and low Mo/TOC ratios
(though the latter could also be explained by a relative lack
of H2S). Intermediate DOP values and FeT/Al ratios indi-
cate a modest enrichment of pyritic Fe in sediments and
accordingly anoxic but sulfide-limited pyrite formation dur-
ing deposition (Berner, 1970; Raiswell et al., 1988; Canfield
et al., 1996; Raiswell and Canfield, 1996; Wijsman et al.,
2001; Lyons et al., 2003; Raiswell and Anderson, 2005;
Lyons and Severmann, 2006). The authigenic Tl enrichment
in the lower Velkerri shales (0.62 ± 0.09 ppm, SE) is about
an order of magnitude lower compared to that in the upper
Velkerri shales (8.07 ± 0.36 ppm, SE; Table 1; Fig. 3), also
supporting the distinctive redox state of the depositional
environments (and/or degree of basinal connection to the
open ocean) for the two Velkerri intervals. We thus conser-
vatively interpret the e205Tl values of the lower Velkerri as
providing a lower bound on contemporaneous seawater
(�3.3 ± 0.4) (e) or a local basinal signature independent
of the open ocean e205Tl if the lower Velkerri was deposited
in a relatively restricted basin (by analogy with the Black
Sea; Owens et al., 2017).

6.2.2. Thallium isotope mass-balance modeling

6.2.2.1. Statistical modeling of marine Tl isotope mass

balance. In our model, the Tl concentration and Tl isotope
composition of global seawater are defined by:

dMTl

dt
¼ F in � F AOC � F Ox � F Eux � F Red ; ð1Þ

dMTle205Tlsw
dt

¼ F ine
205Tlin

� F AOC e205Tlsw þ D205TlAOC�sw

� �

� F Ox e205Tlsw þ D205TlOx�sw

� �

� F Eux e205Tlsw þ D205TlEux�sw

� �

� F Red e205Tlsw þ D205TlRed�sw

� �
: ð2Þ

where MTl represents the mass of dissolved Tl in the ocean
reservoir. The symbol e205Tli denotes the Tl isotopic com-
position of the global seawater (sw), average marine inputs
(in), and the four dominant oceanic outputs (AOC: altered
oceanic crust; Ox: oxic sediments; Eux: euxinic sediments;
Red: non-sulfidic reducing sediments), respectively. The
symbol Fi represents the annual input or output flux of Tl
(mol yr�1). The magnitude of Tl isotope fractionation
between a marine Tl sink and seawater is expressed as
D205TlX-sw (X represents AOC or Ox or Eux or Red). When
Eq. (1) and (2) are both equal to 0, the marine Tl isotope
budget reaches a steady state (e.g., modern ocean).

We formulate a redox-sensitive Tl sink flux (FOx, FEux,
and FRed) following the approach of Reinhard et al.
(2013) and Stockey et al. (2020):

F i ¼ biAf iai
½Tl�sw
Tl½ �M :sw

; ð3Þ

where bi represents the globally averaged Tl burial rate of a
given sink environment (oxic, euxinic, and reducing), A is
the overall seafloor area (assumed to be the same as that
of the modern oceans), fi represents the areal fraction of
global seafloor characteristic of that sink, ai represents a
scaling parameter used to modulate the burial rate relative
to the seafloor area of the sink, [Tl]sw is the mean Tl concen-
tration of modeled seawater and [Tl]M.sw is the Tl concen-
tration of the modern seawater. The Tl uptake flux via
the altered oceanic crust is defined as:

F AOC ¼ D½Tl�M
½Tl�sw
Tl½ �M :sw

F LHF ; ð4Þ

where D[Tl]M is the Tl concentration anomaly between the
seawater and low-temperature hydrothermal fluid in mod-
ern oceans (D[Tl]M = [Tl]M.sw � [Tl]M.LHF; [Tl]M.LHF is
the modern Tl concentration of low-T hydrothermal fluids),
FLHF is the low-T hydrothermal fluid flux. The seafloor area
of each sink environment is defined as:

Ai ¼ Af i: ð5Þ
The parameterization of burial rate scaling coefficient

(ai) for the oxic, euxinic, and reducing sinks follows the
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derivations used in Stockey et al. (2020). The accumulation
rate of Tl in oxic sediments is assumed to be linearly scaled
with the ambient seawater Tl reservoir and independent of
organic carbon remineralization, and thus aOx is assumed
to be constant:

aOx ¼ 1; ð6Þ
The attenuation factors of Tl burial rate for the anoxic

(euxinic plus reducing) and euxinic sink environment (aAnox
and aEux) are implemented as a function of water depth
which considers the effect of early diagenesis:

aAnox ¼
PNAnox

i¼1 ð1:58� 0:16 lnðzAnoxÞÞ
NAnox

; ð7Þ

aEux ¼
PNEux

i¼1 ð1:58� 0:16 lnðzEuxÞÞ
NEux

; ð8Þ

where zi (i represents Anox or Red) is the modeled water
depth of anoxic or euxinic environments, and Ni is the num-
ber of depth bins for the corresponding environment. In the
above equation, zi represents the maximum water depth of
the anoxic or euxinic seafloor which is inverted from the
modeled seafloor area (AAnox or AEux) via a LOESS regres-
sion model to fit the bathymetric data (Menard and Smith,
1966). The numerator is the cumulative sum of organic
matter flux with the expression derived from the remineral-
ization model in Middelburg et al. (1996). The Tl burial
rates scaling in the anoxic and euxinic sinks are thus imple-
mented as a function of the cumulative average (tuning to
the bathymetric depth of euxinic and reducing seafloor) of
the organic carbon flux. The attenuation factor for the Tl
burial rate in the reducing sink is formulated as the
weighted subtraction between aAnox and aEux.

aRed ¼ aAnox � NAnox � aEux � NEuxj j
NAnox � NEux

: ð9Þ

We employ a Monte Carlo approach to simulate marine
Tl isotope mass balance, using the parameters given in
Tables 2 and 3. The parameter ranges for Tl isotope frac-
tionation factors (D205TlOx-sw and D205TlAOC-sw), the aver-
age Tl isotopic value of oceanic inputs (e205Tlin), and the
source fluxes are compiled from published observations.
Removal fluxes are inverted from the modern flux estimates
and modern estimated seafloor coverage of the associated
sinks. A uniform (noninformative) prior distribution is
assumed for all ten model variables (Table 3).

The goal of this Monte Carlo analysis is to generate the
probability distribution of feasible seawater Tl isotope com-
Table 2
The constants of oceanographic and Tl isotope parameters for the Mont

Constant

Modern global seafloor area, A
Modern marine Tl concentration, [Tl]M.sw

Tl isotope composition of modern seawater, e205Tlsw
Tl isotope fractionation of euxinic sink, D205TlEux-sw
Tl isotope fractionation of reducing sink, D205TlRed-sw
Modern Tl concentration anomaly between seawater and low-T hydroth

References: 1: Flegal and Patterson, 1985; 2: Rehkämper et al., 2002; 3: Re
Smith, 2010; 6: Nielsen et al., 2017; 7: Owens et al., 2017; 8: Fan et al.,
positions associated with changes in the areal fractions of
each redox-sensitive sink (fOx, fAnox, and fEux). A logarith-
mically scaled step size is adopted in the simulations to gen-
erate 31 equally spaced bins for fOx (Fig. 5a and b), fAnox
(Fig. 5c and d), and fEux (Fig. 5e and f). For each fOx (or
fAnox or fEux) scenario, 1,000 model runs are performed with
variable values randomly selected from the assumed prior
distributions. The correlation among the areal fractions of
redox sinks is defined as:

f Eux ¼ f Ds:max � f Ox � f Red ; ð10Þ
f Anox ¼ f Eux þ f Red : ð11Þ

The parameter fDs.max is the maximum seafloor fraction
that is available for sediment deposition. The range of fDs.max

is set to vary between 90% (the total areal fraction of deposi-
tional seafloor in the modern ocean; Reinhard et al., 2013)
and 100% (bounded by the physical oceanographic limit;
Table 3). Note that a reducing Tl sink is implemented in the
oceanic Tl isotope mass balance with the Tl burial rate range
set as one tenth of that in the euxinic sink (bRed.min = 1/10
bEux.min and bRed.max = 1/10 bEux.max; Table 3) and with a
Tl isotope fractionation from seawater of 0 (Table 2). The
framework of our model is meant primarily to compare the
fractions of oxic, anoxic, and euxinic seafloor coverage at
1.4Ga (derived from themarine Tl isotopemass balance) rel-
ative to those of the modern Earth.

The ordinary differential equations for Tl concentration
and isotope mass balance [Eq. (1) and (2)] are solved with
the Variable coefficient Ordinary Differential Equations
(VODE) solver in the R package deSolve (Soetaert et al.,
2010). The initial marine Tl concentration and Tl isotope
composition of global seawater are set at the modern values
(Table 2). The model is then run dynamically for 10 million
years to ensure a steady-state simulation for each randomly
sampled parameter set. The synthetic Tl isotopic values of
euxinic black shales are then defined by the seawater iso-
topic value, based on the assumption of quantitative
removal of Tl from local seawater during euxinic deposition
(Owens et al., 2017). The Tl isotope mass balance model
yields estimates for median fOx of 93.9% (95% credible
interval of 89.2–98.8%), median fAnox of 0.6% (95% credible
interval of 0.1–3.9%), and median fEux of 0.2% (95% credi-
ble interval of 0.0–1.2%) with the modern seawater Tl iso-
tope value (e205Tl = �6.0 ± 0.6), which are all consistent
with the areal fractions of modern oxic (84–94%), anoxic
(0.1–2.0%), and euxinic (0.1–0.2%) seafloor, respectively
(Fig. 5). The modeled sedimentary e205TlEux (identical to
e Carlo marine Tl isotope mass balance model.

Value Unit Reference

3.6 � 1014 m2 5
65 � 10-12 mol kg�1 1
�6.0 e 2, 4, 7
0.0 e 7
0.0 e 8, 9

ermal fluid, D[Tl]M 2.03 � 10-11 mol kg�1 3, 4, 6

hkämper and Nielsen, 2004; 4: Nielsen et al., 2006b; 5: Charette and
2020; 9: Ostrander et al., 2020.



Table 3
The minimum and maximum values of parameters for the Monte Carlo marine Tl isotope mass balance model.

Variable Minimum value Maximum value Unit Reference

Tl isotope fractionation of oxic sink, D205TlOx-sw 13.5 19.0 e 1, 2, 7, 9, 13
Tl isotope fractionation of alteration of oceanic crust, D205TlAOC-sw �2.5 0.0 e 5, 10, 12, 13
Flux of oceanic Tl input, Fin 3.87 � 106 6.05 � 106 mol yr�1 3, 13
Flux of low temperature hydrothermal fluid, FLHF 1.20 � 1017 1.88 � 1017 kg yr�1 3, 5, 13
Tl burial rate in oxic sediments, bOx 4.10 � 10-9 a 6.41 � 10-9 a mol m�2 yr�1 11, 13
Tl burial rate in euxinic sediments, bEux 3.93 � 10-7 a 6.14 � 10-7 a mol m�2 yr�1 8, 11, 14
Tl burial rate in reducing sediments, bRed 3.93 � 10-8 b 6.14 � 10-8 b mol m�2 yr�1 —
Tl isotope composition of oceanic Tl input, e205Tlin �2.5 �1.0 e 4, 5, 6, 13
Maximum areal fraction of depositional seafloor, fDs.max 90 100 % 11
Areal fraction of euxinic seafloor, fEux 0 fAnox % —

References: 1: Rehkämper et al., 2002; 2: Rehkämper et al., 2004; 3: Rehkämper and Nielsen, 2004; 4: Nielsen et al., 2005; 5: Nielsen et al.,
2006b; 6: Baker et al., 2009; 7: Nielsen et al., 2009; 8: Nielsen et al., 2011; 9: Nielsen et al., 2013; 10: Prytulak et al., 2013; 11: Reinhard et al.,
2013; 12: Coggon et al., 2014; 13: Nielsen et al., 2017; 14: Owens et al., 2017.
a The Tl burial rates of redox-sensitive sinks (oxic and euxinic) are calculated from the output flux range and the seafloor area associated

with that sink environment in the modern ocean.
b The range of Tl burial rate (both the min and max value) in reducing sink is scaled as one tenth of the burial rate in euxinic sink.

Fig. 5. Violin plots and two-dimensional heat maps illustrating the frequency distribution of modeled Tl isotope compositions of euxinic
sediments (e205TlEux) as a function of logarithmically scaled oxic (fOx; a and b), anoxic (fAnox; c and d), and euxinic (fEux; e and f) seafloor areal
fraction in our statistical isotope mass balance model. The fAnox is calculated as the sum of euxinic (fEux) and reducing (fRed) seafloor areal
fraction. The e205TlEux is calculated via the Monte Carlo analysis of marine Tl isotope mass balance. The e205TlEux of the upper Velkerri
interval is labeled at the right-side panel with the red circle denoting the median value and error bars representing the data range. The dark
grey bars across the violin plots denote the e205Tl of the modern seawater. The blue shaded rectangles on top of violin plots represent the areal
fractions of modern oxic, anoxic, and euxinic seafloor (fOx: 84–94%; fAnox: 0.1–2.0%; fEux: 0.1–0.2%), respectively.
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e205Tlsw) generally shifts to isotopically lighter values with
expanding fAnox and fEux. The spatial extent of euxinic sea-
floor (fEux) exerts first-order control on the correlation
between e205TlEux and fAnox with the impact of a reducing
sink for Tl increasing the statistical spread of feasible
e205TlEux values (Fig. 5c-f).

6.2.2.2. Global ocean redox at 1.36 Ga: Implications from a

statistical model of marine Tl isotope mass balance. Our sta-
tistical model of Tl isotope mass balance yields a frequency
distribution of steady-state values for e205TlEux given a pre-
scribed seafloor redox landscape (fOx or fAnox or fEux). The
Tl isotope values of 1.36 Ga seawater (�2.4 ± 0.8) con-
strained from upper Velkerri euxinic shale records are
within the e205Tl range of oceanic inputs (from �2.5 to
�1.0). As a result, the areal fraction of oxic seafloor at
1.36 Ga implied by the Tl isotope mass balance model is
difficult to delineate precisely because seawater Tl isotope
values are largely invariant across orders of magnitude in
fOx (Fig. 5a). Indeed, the Tl isotope proxy becomes sensitive
to the proportion of oxic seafloor only when fOx is higher
than �30% due to existing analytical precision. In any case,
our results do indicate fOx values at 1.36 Ga (median value
of 5.0% and 95th percentile of 63.1%) well below those of
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the modern Earth (Fig. 5a and b), suggesting that the burial
of Mn-oxides in marine sediments was limited on a global
scale at 1.36 Ga. The model results also suggest median
fAnox of 31.6% (5th percentile of 6.3%) and median fEux of
4.3% (5th percentile of 2.0%) at 1.36 Ga (Fig. 5c-f), repre-
senting a significant expansion of anoxic and euxinic depo-
sition relative to that of the modern oceans (0.1–2.0%
anoxic and 0.1–0.2% euxinic seafloor areas), which is con-
sistent with inferences of a pervasively anoxic ocean inte-
rior. This result is generally aligned with elemental
oceanic mass balance models that estimated the extent of
seafloor anoxia to be �13% at 1.36 Ga using Re (Sheen
et al., 2018), and �30–40% during the mid-Proterozoic
using Cr (Reinhard et al., 2013). The expansion of marine
euxinia is supported by the conclusion that roughly �2%
of the seafloor was overlain by strongly euxinic conditions
at 1.36 Ga (derived from Mo and U isotope data of the
upper Velkerri Formation and coupled Mo-U isotope mass
balance modeling; Kendall et al., 2009; Yang et al., 2017;
Lu et al., 2020) and no more than 7% global seafloor eux-
inia during the mid-Proterozoic (from U isotope and Mo
elemental mass balance models; Reinhard et al., 2013;
Gilleaudeau et al., 2019). In addition, the prominent
decrease in the extent of oxic seafloor at 1.36 Ga relative
to today is broadly consistent with unfractionated d53Cr
signatures of the upper Velkerri Formation (inactive oxida-
tive Cr cycling implies sufficiently low atmospheric O2

levels; Cole et al., 2016).
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Fig. 6. Violin plot and two-dimensional heat map of modeled marine Tl
(fAnox; a and b) or euxinic (fEux; c and d) seafloor areal fraction in our stati
of euxinic (fEux) and reducing (fRed) seafloor areal fraction. The sres i
corresponding oceanic Tl fluxes of each Monte Carlo run. The frequenc
probability density in the heat map and kernel density estimation in the vi
modern Tl residence time (�18.5 kyrs) and ocean mixing time (�1000 ye
represent the areal fractions of modern anoxic (fAnox: 0.1–2.0%) and eux
Our results cannot rule out the suggestion of transient
ocean oxygenation at �1.4 Ga, as suggested by some
recent work (Cox et al., 2016; Zhang et al., 2016, 2019;
Hardisty et al., 2017; Yang et al., 2017; Canfield et al.,
2018; Diamond and Lyons, 2018; Diamond et al., 2018;
Sheen et al., 2018; Mukherjee et al., 2019; Liu et al.,
2020; Lu et al., 2020; Wang et al., 2020). In particular,
it is possible that mild oxygenation of some regions of
the ocean interior occurred at levels that were not
sufficiently well-oxygenated to support robust Mn-oxide
precipitation and long-term burial in marine sediments
but were capable of being registered in other isotopic
and trace element proxies. We also note that an expansion
of euxinic environments during the deposition of the
upper Velkerri interval may be in line with a pulse of
ocean oxygenation at �1.36 Ga. In particular, the
enhancement of benthic euxinia indicates accelerated rates
of sulfide production via sulfate reduction, possibly linked
to increasing concentrations of oceanic sulfate (suggested
by the sulfur isotope data of the upper Velkerri
Formation; Shen et al., 2003) and potential deep ocean
oxygenation (to sustain the expanded marine sulfate reser-
voir via the oxidation of reduced sulfur with molecular
oxygen). Nevertheless, our results strongly suggest that
any such transient oxygenation of the ocean interior
(below the mixed layer and beyond the shelf-slope break)
was significantly different in scale and intensity from that
of the modern Earth, and that the anoxic waters covered a
fEux [%]
1.0 10.0 100.0

τmix

modern τ res

residence time (sres) as a function of logarithmically scaled anoxic
stical isotope mass balance model. The fAnox is calculated as the sum
s calculated from the modeled marine Tl concentration and the
y distribution of sres for the 31 fAnox or fEux bins is shown as the
olin plot. The dark grey and light grey bars in the violin plot denote
ars), respectively. The blue shaded rectangles on top of violin plots
inic seafloor (fEux: 0.1–0.2%), respectively.
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majority of the ocean floor during deposition of the upper
Velkerri Formation.

The Monte Carlo analysis of Tl isotope mass balance
modeling can also provide insight into the oceanic residence
time of Tl (sres). Significantly, the Tl residence time declines
with the increasing extent of anoxic seafloor (Fig. 6a and b),
which is dominated by the expansion of euxinia (Fig. 6c and
d) driven by the increased sink strength for Tl in sulfidic
depositional settings. As sres approaches the ocean mixing
timescale (�1000 years) which occurs when the areal extent
of euxinic seafloor (fEux) exceeds �20% (fAnox approaching
�40%), this relationship will have an increasingly impor-
tant impact on the interpretations of euxinic sediments as
an archive for Tl isotopic values of contemporaneous sea-
water. Specifically, the Tl isotope composition of seawater
may become heterogeneous on a global scale when the mar-
ine Tl residence time is shorter than timescales of large-scale
ocean mixing. The decrease in marine Tl residence time will
also render Tl more sensitive to the effects of restriction—in
that the e205Tl of local basinal water can more easily be
decoupled from that of the open ocean when Tl inventories
are small and residence times short. However, we find that
this occurs only at levels of very intense euxinia where
fEux > 20%. Given that our statistical model suggests a fEux
estimate of �4% for the upper Velkerri e205Tl data, consis-
tent with no more than 10% global seafloor euxinia during
the mid-Proterozoic (Gilleaudeau et al., 2019; Reinhard
et al., 2013), and that we see negligible stratigraphic varia-
tion in Tl isotope values, we consider it reasonable to
assume that seawater Tl was isotopically homogenous dur-
ing the deposition of the upper Velkerri black shales. The
distinct probability distributions of fOx, fAnox, and fEux at
1.36 Ga compared to those of the modern oceans thus
strongly imply that the global burial of Mn-oxides was very
limited at 1.36 Ga.
7. CONCLUSIONS

The average e205Tlauth of the upper Velkerri Formation,
together with the overall paleoredox geochemistry and a
precise Re-Os isochron yielding an age consistent with inde-
pendent depositional age constraints, suggests that the Tl
isotope composition of global seawater at 1.36 Ga was
�2.4 ± 0.8 (e). We interpret the Tl isotope value recorded
by the lower Velkerri interval (�3.3 ± 0.4) as providing a
lower bound on contemporaneous seawater due to a non-
euxinic (ferruginous) or highly restricted depositional envi-
ronment. Although our Tl isotope mass balance model sug-
gests that the seafloor redox landscape is a major control on
the marine Tl inventory, only very extensive euxinia is likely
to result in a heterogeneous marine Tl isotope distribution.
We thus consider it likely that the upper Velkerri sediments
record a homogeneous contemporaneous global seawater
Tl isotope signal given independent evidence against severe
basin restriction from the open ocean, such as elevated Mo
concentrations and Mo/TOC ratios. A statistical analysis of
a Tl isotope mass-balance model suggests that the global
burial of Mn-oxides was limited at 1.36 Ga, which indicates
that the contemporaneous deep ocean was primarily anoxic
during deposition of the upper Velkerri Formation.
Although the Tl isotope data do not preclude the possibility
of a transient ocean oxygenation event at around 1.4 Ga,
this study adds to a growing body of evidence that the
mid-Proterozoic Earth system was fundamentally distinct
from that of the modern Earth.

Stable Tl isotope data from black shales of the Paleopro-
terozoic Wollogorang Formation remain invariant despite
greater deviations of Re-Os isotope data from a reference
1730 Ma Re-Os isochron towards the base of the Wollogo-
rang black shale unit, in contrast to the behavior observed
for the Mo and U isotope systems. Although there is no sys-
tematic relationship between e205Tl values and the extent of
alteration as estimated by open-system Re-Os behavior, it is
difficult to definitively rule out the possibility that authi-
genic Tl isotope signatures have been overprinted by later
hydrothermal fluid alteration. We consider it questionable
to leverage these data to infer the global ocean redox con-
ditions at 1.73 Ga considering the disturbed isotope system-
atics of Re-Os, Mo, and U, at least at this locality. These
observations highlight the insights provided by evaluating
open-system behavior via combined application of radio-
genic isotope systems together with other stable isotope
tracers for reconstructing the redox landscape of Earth’s
oceans over time.
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